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UPPER MANTLE COMPRESSIONAL WAVE VELOCITY BENEATH IRAN

by Keith Priestley

ABSTRACT

The upper mantle compressional wave velocity beneath the Iranian
Plateau has been determined by measuring two station interval velocities
from first arrivals in the distance range 2° to 18° reported in the Bulletin
of the International Seismological Centre (ISC). These results show that
the P, velocity is near 8.1 km/sec beneath the Zagros Mountains and most
of the northern part of the Iranian Plateau and is not as variable as re-
ported in past studies. A lower P, velocity of about 7.8 km/sec occur
beneath northwestern Iran. The magnitude of various sources of error
are discussed. Teleseismic P-wave delays are used to estimate the crustal
delays and the apparent P, velocities are corrected. Additional P, velocity
estimates are made using digital recordings of well located aftershocks of
the 1978 Tabas earthquake in northeastern Iran from the Iranian Long Pe-
riod Array. P, velocity from the aftershock seismograms confirm the two
station P, velocity measurements from the ISC data. Using ISC travel
times from events with focal depths constrained by waveform modelling
proved to still have too great a scatter to refine the P, velocity estimates
over previous single station measurements in this region.

INTRODUCTION

This study attempts to refine the measurement of upper mantle compressional velocity
beneath the high topographic region of Iran. Accurate P, velocity estimates are an important
parameter in locating small magnitude events in this region since most such events are located
with a few seismographs at regional distance ranges. Several previous studies have estimated
the P, velocity in this region but the results are conflicting. For example Chen et al (1980),
Kadinsky-Cade et al (1981) and Hearn & Ni (1994) all find low upper mantle velocity in
the region of the Turkish-Iranian border NW of the station TAB (Fig. 1), but SE of TAB
in Iran Chen et al (1980) and Asudeh (1982a) find the P, velocity to be about 7.8 km/sec
while Kadinsky-Cade et al (1981) find the P, velocity to be 8.6 km/sec.

Seismologist use the term P, for two distinctly different seismic phases. In controlled
source refraction experiments the term P, is used to denote the headwave propagating im-
mediately beneath the Moho. The apparent velocity of this phase in the case of plane,




horizontal layers is equivalent to the upper mantle velocity directly directly beneath the
Moho. Depending on the upper mantle velocity gradient (Hill, 1971), the P,, headwave can
be observed to a distance of several hundred kilometers, after which it is typically replaced
by sets of delayed arrivals with a similar apparent velocity (Hirn et al, 1973). Earthquake
seismologists use the term P, to denote the first arrival from earthquakes in the distance
range from about 200 km to as great as 2000 km. Beyond about 2000 km the P, phase is
replaced as the first arrival by direct P turning below the 410-discontinuity, but P, can often
be observed as a secondary arrival to greater distance. This regional distance range seismic
phase has nearly constant phase velocity over this entire distance range. This second sense
of the term P, is used in this work.

In an area such as Iran, the determination of upper mantle velocities must depend on
seismograms from earthquakes. However it is well known that earthquakes, especially smaller
events (my, < 5), are poorly located (Asudeh, 1983). Many regions in Iran have high seis-
micity but the seismograph density is too low to permit the simultaneous solution for the
velocity and hypocentral parameters. In this study I have examined three ways of improv-
ing the estimates of the upper mantle compressional velocity: (a) using two station interval
velocity measurements from regional arrival times reported by the Bulletin of the Interna-
tional Seismological Center (ISC); (b) using digital recordings of well located aftershocks of
the Tabas earthquake; and (c) using ISC arrival time data from moderate events whose focal
depths are constrained by waveform modelling.

Interval Velocity Estimates Using ISC Arrival Times

METHOD

The two station interval velocity method is a modified form of the time-term method
of Scheidegger & Willmore (1957) and Willmore & Bancroft (1960). Several studies have
used this method to estimate uppermost mantle velocity from arrival times reported by the
ISC (Asudeh, 1982a; Beghoul & Barazangi, 1989) or other networks (Haines, 1979, 1980;
Kayal & Smith, 1984; Kayal & Reena De, 1987). Asudeh (1982a) used ISC arrival time
data from Iranian seismographs to determine P, velocity along several paths to a precision
of considerably better than 0.1 km/sec.

If two seismographs S; and S; lie on the same great circle path as an earthquake (Fig.
2), then the apparent upper mantle velocity, ¢, between the two stations is given by

Al (1)

where A, ; is the epicentral distance and T7 , is the arrival time at the seismographs 1 and 2,
respectively. If A is in the range of a few degrees the curvature of the Earth may be ignored




and if the crustal delays are the same beneath both stations, the uppermost mantle velocity,
v, between the two stations is equal to the apparent velocity,

v=¢c= — . (2)

where A and T' are the difference in epicentral distance and arrival time, respectively. Errors
in the focal depth and origin time are eliminated by taking the arrival time difference in
(1). If the crustal thickness or velocity varies beneath the two seismographs then different
apparent velocities will be observed along the forward and reversed path. In this case the
true upper mantle velocity will be approximately the average of the forward and reversed
apparent velocities.

Earthquakes in Iran are known to be poorly located by the ISC (Asudeh, 1983). Location
errors will map into errors in the measured velocity. These probably account for much of
the scatter in travel time curves derived from a single station when the ISC locations are
used, even when the arrival times are determined from the original records (Chen et al,
1980; Kadinsky-Cade et al, 1981). Asudeh (1982a) and Beghoul & Barazangi (1989) have
shown that the two station method minimized the effect of location errors. Following Asudeh
(1982a), if E’ (Fig. 2) is the epicenter reported by the ISC and E is the true epicenter, then
EE' (with components éz, 8y, and §z) is the mislocation vector. The effect of §z and 6z
cancel in taking the arrival time difference T, — T; and distance difference A, — A, and only
the component éy perpendicular to the great circle path will affect the velocity calculation.
From Figure 2

sin ¥ = = | (3)

Small errors in the location and interstation travel time leads to errors in the velocity, §v.
From (2) and (3)

A cos ¥
v R (4)
thus
—A cos U A
5v=—1—12——-6T——§;sm\I!-6® . (5)

For magnitude 4.5 to 5 events in Iran the mislocation vector EE’ is likely to be 10 to 20 km
(Asudeh, 1983). The crust beneath the Iranian plateau is 40 to 50 km thick (Asudeh, 1982b)
therefore A,; is about 200 km. For A, greater than about 400 km, which is more typical of
the events used in this study, the error introduced by the second term on the right-hand
side of (5) is less than 0.01 km/s (Asudeh, 1982a) and can be ignored and (5) reduces to




6o = Zé—zfjs—@ 6T . (6)
Thus errors in the epicenter have a small effect on the velocity calculation; errors in the focal
depth and origin time cancel entirely. In the absence of clock errors, § T reflects timing errors
which should be normally distributed and hence should be reduced by repeated measurement.
Also, the magnitude of év is inversely proportional to T', so large A which give large T lead
to more accurate velocity estimates. For A &~ 700 km and P, = 8.1 km/sec which is typical
in this study, a one-second reading error gives less than 0.1 km/sec error in the P, velocity.

DATA
Data for the two station interval velocity measurements have been taken from the ISC
CD-rom. This includes data from January 1, 1964 to August 31, 1987. Arrival time data
for the sixteen stations in Iran, eastern Iraq, and southern Azerbijan shown in Figure 1 were
used (Table 1). All crustal events for which (a) the ISC had used at least 25 stations in the
location, (b) the stations lay within the epicentral distance range 2° to 18°, and (c) whose
travel time residual was less than 5 seconds were chosen. The first restriction ensured that
the epicenters were reasonably well located. In most cases the number of locating stations
was much greater than 25. The second restriction ensured that the first arrival was in the
P, distance range. Timing errors are common in the ISC arrival data. Many of these are
obvious 10 and 60 second notation errors. The third restriction removes the affect of these
large timing errors. To obtain a large number of arrival time data the requirement that the
event and two stations lie on the same great circle path was relaxed. Both Asudeh (1982a)
and Beghoul & Barazangi (1989) allowed the opening angle © (Fig. 2) to be 6°. In this study
O equal 7° was used in selecting events. The increased error from using this larger value
of © is probably insignificant compared to that from using 6° as in Beghoul & Barazangi
(1989) and © = 7° seems to correspond to what Asudeh (1982a) actually used to obtain the
events he shows in his Table 1. The selection criteria will be discussed further below when
the effects of errors are assessed.

RESULTS

The routines for selecting the data from the ISC file and for computing the two station
interval velocity were first tested to reproduce the results in Table 1 of Asudeh (1982a).
Other than specifying a maximum opening angle of 6°, Asudeh (1982a) does not cite his
criteria for chosing his data. Using the portion of the ISC data between July 26, 1967 and
October 2, 1976, a number of test selections were made to determine the criteria Asudeh
used. To select the seven events in his Table 1 required © = 7°, travel time residuals less than
5.5 seconds, and ISC focal depths to 57 km. Many ISC focal depths for events in Iran are
sub—Moho but there is no reliable evidence for mantle events except in the Makran (Jackson
& Fitch, 1981). There are a large number of events which occur during this time period
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which also satisfy these selection criteria but which Asudeh did not use and he does not
comment why the events in his Table 1 were chosen and the other events rejected. Using the
arrival time data from the CD-rom, phase velocity values were determined to within +0.02
km/sec for six of the seven values shown in Table 1 of Asudeh (1982a), but the apparent
velocity of the October 2, 1976 event was nearly 0.4 km/sec. The arrival time difference for
this event in Table 1 of Asudeh (1982a) is wrong by 4 seconds.

The two station interval velocity measurements are show as a function of position and
direction in Figure 3. These values plus their average error are tabulated in Table 1. North-
ern Iran is well sampled, however, the values for central Iran all depend on the WWSSN
station SHI. The apparent P, velocity in central and NE Iran is 8.140.1 km/sec. Beneath
the Talesh and Albroz Mountains along the Iranian shore of the Caspian Sea and in NW
Iran near the Turkish border, the P, velocity is less than 8.0 km/sec. The apparent P,
velocity measurements in Figure 3 suggest less variability in the upper mantle compressional
wave velocity than found in previous studies. The velocity average errors in Table 2 are
significantly larger than those reported in Asudeh (1982a). Ignoring the error in his Table
1, the lower errors he reports seem to arise from the way he has culled the data.

ACCESSMENT of ERRORS

The effect of epicentral mislocations has been discussed above. However, there are several
other potential sources of error in the procedure outlined above.

Effect of Spherical Wave Front: For © greater than zero, the true curved wavefront arrives
at the distant station at a later time than if the wavefront was planar as assumed. Beghoul
& Barazangi (1989) show that this difference in distance is given by

HH' = A; — A; sin? © — cos @\/(A2 — (A1)? sin?© (7)

and that for © equal 6° and an interstation distance of 14° HH’ is 7.4 km which leads to
less than a 0.5% error in the estimated P, velocity. Thus neglecting the wavefront curvature
leads to insignificant error.

Effect of Variation in ©: There is a trade-off in choosing ©. To obtain a large number
of events to make the interval velocity estimates, larger © is desirable. However, larger ©
couples with epicentral mislocation to produce larger errors in the apparent P, velocity.
Beghoul & Barazangi (1989) constrained © to 6° and from tests of the data in Table 1 of
Asudeh (1982) he appears to have let © be at least 7°. Figure 4 shows the combined effect of
varying © and epicentral mislocation. The magnitude of the error decreases with increasing
distance. Figure 4a shows the error for © of 14° and an epicentral mislocation of 28 km
(20 km perpendicular to the interstation line and 20 km in line with the interstation line).
Figure 4b assumes the same epicentral mislocation, but is for © of 7° and is the data used




in measuring the apparent P, velocities shown in Figure 3. For this © and for an assumed
epicentral mislocation of 28 km, which should be representative for the Middle East events
used in this study, the error is less than 1.5%.

Effect of Lid Velocity Gradient: The propagation of the mantle lid P-wave is primarily con-
trolled by the lid compressional wave velocity gradient including the pseudo-velocity gradient
caused by Earth sphericity. Braile & Smith (1975) used reflectivity synthetic seismograms
to show the effect of the velocity gradient directly below the Moho on P, propagation. Even
in the presence small negative velocity gradient in the lid, the pesudo-gradient as a result
of curvature results in turning rays in the lid and P, propagates to distances of 400 to 700
km. P, is not observed only in cases where the negative gradient is enough to off-set that
resulting from curvature. Menke & Richards (1980) modelled teleseismic P, as a sum of
whispering gallery waves which propagate in a waveguide composed of the high velocity
mantle lid overlying the upper mantle low velocity zone. The velocity gradient of the lid,
including the pseudo-gradient resulting from Earth curvature, is the most important pa-
rameter controlling propagation and both crustal structure and upper mantle velocity are
of secondary importance. Lid velocity structures which have weak velocity gradients have
nearly constant apparent velocity with increasing range. The observation that P, falls along
a linear travel-time branch suggests that velocity gradient in the mantle lid is low and hence
the P, velocity found at larger distances is representative of the true upper mantle material
speed.

The two station method assumes that both stations record the same phase. If a strong
positive velocity gradient exist in the mantle lid then the two station P, velocity estimate
would depend on the epicentral distance of the two stations since the near station would
be recording a shallow turning phase while the far station recorded a deeper turning phase.
To estimate the strength of the lid gradient beneath the Middle East, travel times for all
stations in the distance range 2°-25° were plotted as a reduced travel time curve. Travel
time curves for four stations are shown in Figure 5. These, and those for the other twelve
stations not shown, indicate that the first arrival in the distance range from about 2° to
about 18° fall on a linear travel time branch. Based on this observation, only events more
than 200 km from the near station and less than 1800 km from the far station were used in
computing the apparent P, velocity.

Table 3 gives the intercept times for the ISC arrival time data for each of the stations.
In computing these intercept times, only arrivals from events in the distance range 250 to
1600 km with residuals less than 5 seconds were used.

Effect of crustal delay times beneath the stations: The source crustal delay term is common
to the arrival times at both stations and therefore cancels when taking the time difference in
the interval velocity calculation. In the case of a crust of uniform thickness and velocity, the
apparent P, velocity from the two station interval velocity measurement would be equivalent




to the upper mantle compressional wave velocity. In the case where the crustal structure
changes between receivers but where reversed apparent velocity estimates are available, the
upper mantle velocity is approximately the average of the two way measurements. However,
variations in crustal thickness or crustal velocity in the vicinity of the receivers, neither of
which are known for Iran, can combine to produce time delays which would bias the estimate
of the P, velocity. Even though the crustal structure of Iran is poorly known we can make
some estimate of the magnitude of the effects of the crustal delays. The magnitude of the
effect of crustal structure variation depends on the path length between the two stations. For
a path length of 250 km, replacing 5 km of crust of velocity 6.1 km/sec with upper mantle
material of velocity 8.1 km/sec changes the estimated P, velocity from the true velocity of
8.10 km/sec to 8.18 km/sec but for a path length of 750 km a 5 km thinning of the crust
only changes the estimated P,, velocity to 8.12 km/sec.

One estimate of the variation in crustal delay terms exist through comparing relative
teleseismic delay times across Iran. Figure 6 (Table 4) is a plot of the teleseismic delay times
at 15 seismographs relative to the station SHI in the Zagros Mountains. These residuals
were determined by finding the mean of the difference in the P-wave residual at a recording
station minus the residual at station SHI. Station SHI was chosen because it had the largest
number of recordings. Only events greater than 35° distance and which were not emergent
arrivals were used. With one exception, Figure 6 shows a very consistent pattern. Except for
the station MSH, all the stations in eastern Iran show relative residuals of about 0.5540.15
second. Four stations MSH, MHI, MAIO, and MUI are located close together at Mashhad.
MHI and MAIJO are co-located and have similar relative travel time residuals. MUI and
MSH are located about 15 km from MHI and MAIO, and about 2 km from each other.
MUI has a relative residual similar to that at MHI/MAIO but the delay at MSH is much
greater. Dziewonski & Anderson (1983) examined teleseismic P-wave residuals from the
ISC arrival time data and found that MSH showed much larger delays than nearby stations.
MSH also produces anomalously low velocity estimates from the first arrival of regional
earthquakes. Without knowing more details of the site condition at MSH, it is impossible to
determine whether the station has a large relative residual compared to nearby stations due
to site condition, such as being located above a sedimentary basin, or whether other factors
contribute to the larger delay at MSH. Since MSH produced no interval velocity estimates
which fell in the P, velocity range and since MSH shows more than a half second larger
delay compared to the nearby stations, data from MSH has not been used in this study.
There is about a half second relative delay from the northeastern Iranian stations compared
to the Zagros Mountains stations. If this is solely do to crustal thinning this would imply
that the crust beneath the Zagros is about 5 km thinner than the crust beneath northeast
Iran. However, both lower crust or upper mantle velocity beneath NE Iran could contribute
to their delays.

The three stations in northern Iran south of the Caspian Sea (TEH, ILPA, SRI) show




similar teleseismic delays of about 1 second relative to SHI. If the crustal velocities in the
two regions are similar, the crust beneath the Albroz Mountains is about 10 km thicker than
the crust beneath the Zagros Mountains. The station TAB in northwest Iran and the nearby
station LNK in southeastern Azerbijan show similar delays of about 1.45 seconds, although
there are few arrival times for the LNK station. TAB is in a region of recent volcanism and
this has previously been cited as a possible explanation for the low P, velocities reported in
this area (Chen et al, 1980; Kadinsky—Cade et al, 1981; Asudeh, 1982a). This might also
explain part of the large teleseismic delay observed at TAB relative to SHI. However the
delay at TAB is identical to that observed at LNK 200 km ENE.

LNK is the only station in this region where the crustal structure beneath the station is
well known. Mangino & Priestley (1996) have analyzed broadband teleseimic waveforms from
a digital seismograph co-located with the analogue seismograph which reports arrival times
to the ISC. To determine the crustal structure they have inverted radial receiver function
data using the routine of Ammon et al (1990), then forward modelled the radial receiver
function to assess which features of the inversion model were significant. The results of
this analysis for LNK are summarized in Figure 7. The inversion results (Fig. 7a) imply
the presence of a low velocity (V, < 4.8 km/s) upper most crust (0-6 km), a large (>2.0
km/s) velocity contrast between 6-12 km depth, a high velocity (V,, 7.0 km/s) mid- to lower-
crust and a complex crust-mantle boundary. Between 8-12s the amplitude of the tangential
component is about equal to that of the radial and there is a negative gradient between
20-25 km depth which is producing the synthetic radial motion at this time. The forward
modelling result (Fig. 7b) shows that the the main features of the radial receiver function
can be fit with a much more simple crustal velocity model. Thus the LNK teleseismic delay
is largely the result of the low velocity upper crust. This is not likely to be representative of
the structures in the Zagros Mountains and the Iranian plateau.

The actual crustal thickness is not important. If the teleseismic delays in Figure 6 are
the result of varying crustal thickness or crustal velocity and not from varying upper mantle
velocity, then a crude correction of the apparent P, velocities can be made by converting
the teleseismic crustal delay into an equivalent crustal delay for P,. Waveform modelling of
regional seismic waveforms of central and southern Iran earthquakes digitally recorded on
stations of the Caspian Seismic Network (Priestley, work in progress), and receiver function
analysis for a seismograph station within 1 km of the Iran border in Turkmenistan (Mangino
& Priestley, 1996) show that the average crustal velocity in the Iranian plateau is about
6.1 km/sec which is low for continental crust. Using this and an average P, velocity of 8.1
km/sec gives a critical angle for P,, of 48.9°. The ratio of the teleseismic delay to the P,
delay is inversely proportional to the ratio of the cosine of the teleseismic emergent angle to
the cosine of the P, critical angle, which in this case is 1.42. Using this factor, the teleseismic
delays were converted to equivalent P, crustal delay and the P, velocities shown in Figure
3 were corrected.




Figure 8 plots these corrected apparent P, velocities and the average of the two-way
measurements. Over most of the Zagros Mountains and the Iranian plateau the P, velocity
is 8.05+0.10 km/sec. In northwest Iran the Py velocity is 7.7940.10 km/sec, significantly
lower then in central Iran.

P, Velocity Estimates from ILPA Recordings of the Tabas Aftershocks

The September 16, 1978 Tabas—e-Golshan (Ms 7.7) earthquake in central Iran was fol-
lowed by a large aftershocks sequence. The University of Cambridge deployed a local seismic
array of nine stations in the epicentral region on September 28 and maintained this network
until October 28. 1560 aftershocks were located and of these, 329 are thought to have un-
certainties in the hypocenter of about 1 km in the epicenter and 2 km in focal depth. Many
of these have well constrained focal mechanisms. The ILPA array (= 650 km distance) was
in partial operation for most of this period and ILPA recordings of these aftershocks provide
support for the P, velocity from the two station ISC data. Figure 9 is a composite record
section consisting of seismograms of several Tabas aftershocks recorded across the IPLA ar-
ray. The aftershocks range in focal depth from 10 to 18 km, but have been normalized to 12
km depth (the median focal depth) using a average crustal P-wave velocity of 6.1 km/sec
and a Py, velocity of 8.1 km/sec. The travel times have been reduced by A/8.1 seconds and
the line is for a velocity of 8.1 km/sec. This combination of sources and receivers averages
the P, velocity both beneath the region of the Tabas sequence and the ILPA array. The 8.1
km/sec line closely matches the first arrivals. Other plots of multiple aftershocks recorded
at a single ILPA array element suggest that the apparent P, velocity beneath the aftershock
sequence may be slightly less and the apparent P, velocity across the array from a single
aftershock suggest that the P, velocity beneath the array may be slightly higher. However,
these differences are probably not significant.

P, Velocity Estimates from ISC Arrival Times of
Large Well Recorded Regional Events

A third method of refining the Py, velocity beneath Iran was explored but proved unfruit-
ful. There have been several studies of the mechanisms of moderate to large earthquakes
in the region of Iran using waveform modelling (Baker et al, 1993, Baker, 1993, Priestley
et al, 1994). Besides the fault plane solution, the initial P~wave shape is controlled by the
interference of direct P and the depth phases pP and sP. The focal depths from these studies
were used with the ISC locations and the ISC first arrival times at regional seismograph
stations to derive single station travel time curves corrected for source depth. Even with
improved focal depth estimates, these travel time curves showed too much error to prove
useful.
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Table 1 — Station Locations

Location Designation Latitude Longitude Elevation
(°N) (°E) (meters)
Baghdad, Iraq BHD 33.2744  44.3558 32
ILPA (site 1), Iran IR1 35.4162  50.6887 1347
ILPA (site 2), Iran IR2 35.6628  50.8976 1172
ILPA (site 3), Iran IR3 35.4761  51.0238 1106
ILPA (site 4), Iran IR4 35.2387  50.9012 1373
ILPA (site 7), Iran IR7 35.7028  50.6089 1305
Kermanshah, Iram KER 34.3522  47.1058 1310
Kakhk, Irna KHI 34.1433  58.6417 1600
-Lenkoran, Azerbaijan LNK 38.7100  48.7788 -2
Mashhad, Iran (SR)) MAIO 36.3000  59.4945 1150 .
Mashhad, Iran (WWSSN) MHI 36.3083  59.4717 1150
Mashhad, Iran (WWSSN) MSH 36.3111  59.5878 987
Mosul,Iraq MSL 36.3817  43.1482 242
Mashhad University, Iran MUI 36.3117 59.6050 1000
Shahrud, Iran SHD 36.4333 54.9417 1500
Shiraz, Iran (WWSSN) SHI 29.6444  52.5261 1595
Safid Rud, Iran SRI 36.7583  49.3833 243
Tabriz, Iran (WWSSN) TAB 38.0675  46.3267 1430
Tehran, Iran TEH 35.7378  51.3856 1360
Taghi Ghanbar, Iran TGI 32.9611  59.1933 1800
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Table 2 — Apparent P, Velocities

Path Apparent No. Average Path Apparent No. Average
Velocity Error Velocity Error
SHD to IR1 8.05 7 0.08 MHI to SHD 7.96 4 0.06
IR1 to TAB 7.83 2 0.04 MHI to SHI 8.02 10 0.04
KHI to IR2 8.15 5 0.07 TAB to MSL 8.01 5 0.13
TAB to IR2 7.72 2 0.19 SHD to TEH 7.94 10 0.14
IR2 to TAB 7.98 3 0.44
T SHD to TGI 8.06 6 0.11
SHD to IR7 8.17 3 0.33
TGI to SHI 8.16 14 0.18
TAB to IR7 8.08 5 0.40
TEH to SHI 8.08 7 0.08
TGI to IR7 8.08 4 0.23
SHI to SRI 7.94 2 0.16
KER to SHI 8.21 19 0.18 SRI to SHI 8.10 15 0.08
SHI to KER 8.16 27 0.14
SRI to TAB 8.09 4 0.25
TAB to KER 7.83 8 0.13 TAB to SRI 8.10 7 0.22
TEH to KER 8.13 22 0.16 SRI to TEH 7.88 5 0.20
MHI to KHI 8.00 3 0.06 | TAB to TEH 7.81 5 0.13
KHI to MHI 7.83 36 0.12 | TEH to TAB 7.86 10 0.14
KHI to SHD 7.98 5 0.11 TGI to TEH 7.97 10 0.12
SHD to KHI 8.16 10 0.09 TEH to TGI 8.20 9 0.16
KHI to SHI 8.03 8 0.09 | MSL to BHD 8.14 2 0.25
KHI to TEH 8.04 2 0.01 | KER to BHD 7.99 3 0.29
TEH to KHI 8.24 2 0.18
MSL to KER 8.09 3 0.07
KHI to TGI 8.22 6 0.10 | KER to MSL 8.03 2 0.05
TGI to KHI 7.93 4 0.19
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Figure Captions

Figure 1. Station locations shown on a topography map of the Iran region.

Figure 2. Schematic representation of the two-station method. (a) Cross section showing
the P, ray paths to the two seismographs. The base of the crust is hatched, and the
vertical scale is exaggerated. (b) Map view showing a two station pair and defining the
opening angle ©. Only events at an epicentral distance greater than 250 km from the
near station and less than 2000 km from the far station are used. (c) An exaggerated
schematic map view showing the effect of the mislocation vector EE'.

Figure 3. Apparent P, velocity map for the Iran region. The solid triangles denote the station
locations and the arrows denote the direction of the apparent P, velocity estimate. The
dot at the tail of the arrow denotes the midpoint of the two station path and the value
beside the arrow is the apparent velocity.

Figure 4. Relative errors in the P, velocity versus average epicentral distance for two opening
angle (a) © = 7° and (b) © = 14°. A location error of 28 km (20 km perpendicular to
the great circle path connecting the stations, and 20 km in line with the stations) has
been assumed. The data shown in (a) are those used to compute the apparent velocities
in Figure 4.

Figure 5. Travel time curves for KER, SHI, TAB, and KHI. The times have been reduced
by 8 km/sec.

Figure 6. Teleseismic delays in seconds relative to the station SHI.

Figure 7. Receiver function structure for LNK. (a) Inversion crustal model, (b) Simplified
crustal model from forward modelling of the main features of the receiver function.

Figure 8. Two-way and crustal delay time corrected P, velocity map. The one-way, delay
time corrected P, values are shown in parentheses.

Figure 9. Record section from ILPA recordings of the Tabas aftershocks. Depths of the events
have been normalized to 12 km and the times have been reduced by A/8.1 seconds.
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AVERAGE LITHOSPHERIC STRUCTURE OF SOUTHERN AFRICA
X. Qiul, K. Priestley, and D. McKenzie
Bullard Laboratories, University of Cambridge, Cambridge CB3 0EZ, UK

SUMMARY

We present a new 1-D earth model for the crust and upper mantle beneath the
Archaean core of southern Africa. The crustal structure is constrained by published seis-
mic refraction/reflection data and by modeling of teleseismic receiver function data. The
mantle structure is constrained by travel time measurements for P, and S, waves, by
waveform inversion of multi-mode surface waves, and by forward modeling of P,; wave-
forms for regional earthquakes. The 42 km thick crust of southern Africa consists of four
layers: a 2 km thick 5.05 km s~ surface layer, a 5 km thick 6.08 km s~ upper crust, a 20
km thick 6.30 km s™! mid—crust, and a 15 km thick 6.73 km s~ lower crust. Below the
crust there is an 80 km thick upper mantle lid. Vp and Vs are 8.09 and 4.62 kms™?, re-
spectively, at the top of the lid and the compressional and shear velocity gradients through
the lid are 0.0008 s~ and 0.0013 s~!, respectively. Below the lid there is a substantial
shear wave LVZ with the shear wave velocity dropping from 4.72 km s~ in the lower part
of the lid to 4.32 km s~ at 250 km depth. The shear wave LVZ is required to fit both the
Vs, measurements and the regional surface waveforms. Forward modeling of P,,; suggests
that no upper mantle P-wave LVZ exists. There is an increase in the P-wave velocity
gradient at 125 km depth to 0.0015 s™! and a second increase at 250 km depth to 0.0035
s™1. Velocities and densities in the seismic model of the lid closely agree with velocity and
density estimates from geochemical analysis of garnet peridotite nodules from kimberlites
on the Kaapvaal Craton, implying that the estimates from kimberlites are representative
of a wider region of the Archaean core of southern Africa — not just the restricted region
beneath where the kimberlites are found. A comparison of the southern African seismic
model with seismic models for other shield regions where nodule data are not available
shows that the nodule results may also be representative of the upper mantle in those
regions.

Key words: crustal structure, precambrian, southern Africa, upper mantle

1Present address: South China Sea Institute of Oceanology, Chinese Academia of Sciences, 164 West
Xingang Road, Guangzhou 510301, P.R. China
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1. INTRODUCTION

Knowledge of the geological and geophysical characteristics of the continental lithosphere and
upper mantle is a prerequisite for unraveling continental evolution. In this study we focus on the
seismic velocity and density structure of southern Africa, a region important in understanding
continental evolution for two reasons. First, xenoliths from the large number of kimberlitic
extrusions have provided unique data on the pressure and temperature environment in the upper
mantle beneath southern Africa and estimates of upper mantle elastic properties predicted from
the xenoliths can be tested with seismic measurements. Second, because of the vast amount
of geophysical and geological data accumulated for southern Africa, this region has become the

. “Archetype” of Archaean continental evolution.

Here we analyze regional and teleseismic distance range earthquakes recorded on digital seis-
mographs in southern Africa. We use teleseismic body waves in combination with existing seismic
refraction and reflection results to constrain the crustal velocity structure, and we use waveform
modeling. of regional seismograms to constrain the velocity and density structure of the upper
mantle. Our analysis results in twelve path-averaged models of earth structure for the region
of the Archaean core. Since there are only minor differences between these models we have
averaged them to form a 1-D earth model for this region. We then compare this 1-D earth
model with: (a) velocity and density estimates derived from geochemical studies of the upper
mantle xenoliths from South Africa, (b) previously derived upper mantle seismic velocity models
for southern Africa, and (c) seismic velocity models derived for other shield regions. The goals of
our study are to place better constraints on the velocity structure of the upper mantle beneath
the Archaean core of southern Africa; to determine whether the predictions of in situ conditions
based on the geochemical and petrological analysis of the xenoliths agree with seismic measure-
ments in the same region; and to determine if the xenolith estimates are representative of the
wider region of the Archaean core. In the main text, we briefly discuss the data and analytical
method we follow, summarize the seismological results, and discuss their significance in light of
the geochemical analysis of nodules from the kimberlites. The details of the seismological analysis
and the geochemical calculations are given in the appendices.

2. GEOLOGICAL AND GEOPHYSICAL CHARACTERISTICS OF SOUTH-
ERN AFRICA

Southern Africa consists of a well-defined Archaean core surrounded by Proterozoic mobile
belts, which are in turn surrounded by late Proterozoic/early Phanerozoic mobile belts (Fig. 1).
The Archaean core consisting of the Kaapvaal and Zimbabwe cratons and the Limpopo mobile
belt has formed a stable unit for the past 2.3 Ga years (McElhinny & McWilliams, 1977). There
. have been no major tectonic events within southern Africa in at least the last 2 Ga years except
in the Cape Fold belt (Clifford, 1970). The geologic and tectonic evolution of southern Africa is
discussed in a number of past publications (e.g., Kroner, 1977; Tankard et al., 1982; de Wit et

. al., 1992).
Two observations suggest possible differences in the lithospheric structure within southern
Africa. Although kimberlites are found over much of this region (Pasteris, 1983), diamond-
bearing kimberlites have a more restricted distribution and occur almost totally within the cratons
(Gurney, 1990). Since the diamond stability field is at higher pressure (i.e., greater depths)
than that of the graphite found in many of the kimberlites, the distribution of diamond-bearing
kimberlites suggests that the lithosphere of the central core of the cratons is thicker than the
lithosphere of the surrounding regions. Some South African kimberlites are as old as 1.75 Ga years
but the age of most southern African kimberlites clusters around 80-90 million years (Dawson,
1980). However, many of the diamonds are Archaean in age (Richardson et al., 1984), implying
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that the possible differences in lithospheric thickness within southern Africa suggested by the
diamond-bearing kimberlite distribution may have existed since the early stages of continental
lithospheric evolution. This in turn implies that these deeper portions of the lithosphere are less
dense than the surrounding mantle since they have not delaminated as they have cooled.

Heat flow observations also suggest possible differences in the lithospheric structure within
southern Africa. A large number of heat flow measurements have now been made in southern
Africa. Ballard & Pollack (1987) point out that the heat flow in the interior of the Archaean core
is typically about 40 mWm~™2 but increases to about 60 mWm™? at the craton boundaries with
the surrounding Proterozoic and Pan—African mobile belts and as high as 70 mWm™2 within the
mobile belts. They suggest two possible mechanisms to explain how this heat flow contrast might
arise: a shallow geochemical mechanism resulting from a difference in crustal heat production
within the Archaean core and surrounding mobile belts, and a deeper geodynamical mechanism
arising from a thicker lithospheric root beneath the Archaean core compared to that beneath
the mobile belts. They conclude that at least 50% and possibly 100% of the observed heat flow
difference results from a thicker lithospheric root beneath the Archaean core which diverts mantle
heat away from this region into the surrounding mobile belts. To achieve this they suggest that
the cratonic root beneath southern Africa extends to a depth of 200 to 400 km. Such a thick,
low density lithospheric root for the craton should have a distinctive seismic signature.

3. DETERMINATION OF THE VELOCITY AND DENSITY STRUCTURE
OF THE SOUTHERN AFRICAN CRUST AND UPPER MANTLE

3.1 Data and Method of Analysis

We have used seismograms of teleseismic and regional earthquakes (Table 1 & 2) recorded
at six digital seismographs (Table 3) in southern Africa to determine the crust and upper mantle
structure of this region. The locations of the regional earthquakes and seismograph stations are
shown in Figure 2.

We employ a variety of seismological techniques to determine models for the crust and upper
mantle velocity structure. We determine the gross features of the crustal structure beneath the
seismograph stations using teleseismic receiver function modeling (Owens et al. 1984). The
direct teleseismic P-wave interacts with velocity interfaces and gradients in the crust beneath the
seismograph to produce a seismogram consisting of the direct P-wave plus P-wave reverberations
and P-to-S converted phases plus their reverberations. Source effects can be largely removed
from the radial component by deconvolving from it the vertical component seismogram (Langston,
1979). For laterally homogeneous structures the resulting radial component seismogram, called
the receiver function, primarily contains P-to—S conversions and their reverberations, and the
resulting tangential component is zero. Thus the ratio of the tangential to radial amplitude
gives an indication of the degree of scattered energy due to lateral variation in earth structure
in the vicinity of the seismograph. We have modeled the receiver functions to verify that crustal
thickness estimates from this technique do not differ significantly from crustal thickness estimates
from nearby seismic refraction data where they exist and to constrain crustal thickness in the
vicinity of the seismograph stations where nearby refraction results do not exist.

We determine the path-averaged shear wave velocity structure for the crust and upper man-
tle by inverting multi-mode surface waveforms for regional earthquakes using the technique of
Gomberg & Masters (1988). The seismogram is represented as a sum of locked—-mode travel-
ing waves (surface waves) in a plane-layered structure. The earth—flattening transformations of
Biswas & Knopoff (1970) and Biswas (1972) are used for the Love and Rayleigh waves, respec-
tively, and physical dispersion is accounted for using the correction of Liu et al. (1976). The
difference between an observed and synthetic seismogram can be directly related to perturbations
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in the model velocity and density structure through the partial derivatives of the phase velocity
with respect to the model parameters. A new model is determined and the process repeated until
a satisfactory variance reduction is achieved. This procedure is superior to inverting surface wave
dispersion curves for earth structure because fundamental mode surface waves, whose dispersion
curves can readily be obtained, on their own are not very sensitive to the details of the upper
mantle velocity structure. Dispersion curves of higher modes are more sensitive to upper mantle
structure but are difficult to determine because of the complex interference of the waves arriving
between S and the fundamental mode wavetrain. By directly modeling the waveforms this inter-
ference is taken into account and there is no need to determine spectral properties of individual
modes. We have inverted the data for each path separately but we have simultaneously inverted
the seismograms from the vertical, radial, and transverse components.

To constrain the P-wave velocity gradient in the upper mantle we forward model P,; wave-
forms for the regional earthquakes. Py, is a combination of two phases: the P, phase resulting
from P-wave energy turning beneath the Moho and the following P; mode trapped in the crustal
wave guide (Helmberger & Engen, 1980). P; is the near monochromatic long—period wavetrain
often seen in the epicentral distance range 5-20° following the P, phase from crustal earthquakes
(e.g. Oliver & Major, 1960; Oliver, 1964). P; propagates in the crustal waveguide as a partially
trapped P-Sv wave whose phase velocity is bracketed by the compressional and shear wave ve-
locity of the upper mantle (V, < cp, < V;). The P-wave is therefore post—critical and energy
leaks to the mantle as Sv, resulting in a decay of P; with range. The P; waveform is primarily
controlled by the P-wave travel time through the crust (Shaw & Orcutt, 1984) resulting in a
particular interference pattern for the trapped energy and a characteristic period for P;. Because
P; is only weakly affected by the upper mantle velocity structure (Shaw & Orcutt, 1984), it
forms a good reference for comparing the amplitude of P, or direct P at regional distance ranges
(Clouser & Langston, 1990), which is very sensitive to the compressional velocity gradient and
attenuation in the mantle lid (Hill, 1971; 1973). We forward model the observed P,; waveforms
using reflectivity synthetics (Fuchs & Miiller, 1971) to provide a constraint on the upper mantle
compressional velocity gradients.

3.2 Velocity Structure of the Southern African Crust

This study is primarily concerned with the average velocity structure of the upper mantle
and not with the details of the velocity structure of the crust. However, a reasonably accurate
knowledge of crustal structure is important to our study because if large scale lateral variations
in crustal structure exist, they may, if not properly accounted for, map into the structure of the
upper mantle. A number of seismic refraction/reflection studies have been conducted in southern
Africa over the past 50 years. Many of these studies have used mine tremors as the seismic energy
source. These have the advantage that they are a rich source of shear wave energy but have
the disadvantage that their origin times and locations are poorly known compared to those of
explosions. Both the quality of these data and the methods of interpretation have varied between
these studies, so it is not easy to directly compare results for the details of the crustal features.
However, the crustal thickness determined in these studies can be compared. All of the cratonic
seismic profiles are for the Kaapvaal Craton. Durrheim & Green (1992) analyzed refraction
data for two seismic profiles in the central Kaapvaal Craton by matching observed and synthetic
seismograms, and their study provides the best constraints on the velocity gradients and layering
in the Kaapvaal Craton crust. The crust in this region has the following features: a shallow crust
(<5 km depth) consisting of a stratified section varying in compressional velocity from 3.5 to
6.8 kms™, a relatively uniform upper crust (5-12 km depth) with velocities ranging from 6.0 to
6.2 kms™!, a transition from upper to lower crust marked by a change in velocity gradient at 12
to 14 km depth; a uniform lower crust with velocities varying from about 6.4 kms™! at 14 km
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depth to about 6.7 km s™! at about 32 km depth, and a gradational crust/mantle transition near
35 km depth with velocities increasing from less than 7 km s~ to greater than 8 kms™! over a
2 to 3 km depth range. The crustal shear wave velocity from traveltime studies varies from 3.66
kms™! (Gane et al., 1956) to 4.15 kms~! (Hales & Sacks, 1959). Durrheim & Green (1992)
find the average shear wave velocity of the crust to be 3.8 kms=!. The P, velocity beneath the
Kaapvaal Craton is 8.0 - 8.2 kms™! (Willmore et al., 1952; Hales & Sacks, 1959: Durrheim &
Green, 1992). Willmore et al. (1952) observe S, to have a velocity of 4.83 km s, significantly
higher than the 4.70-4.73 km s observed by Gane et al. (1956) and Durrheim & Green (1992).
To determine the crustal structure in the immediate vicinity of the four broadband seismograph
stations, we have analyzed teleseismic receiver functions. This is particularly important in the
case of LSZ (Fig. 2) where no nearby refraction data exist and the crustal structure is otherwise
unknown. Appendix A summarizes the receiver function analysis. In analyzing the receiver
function data we are primarily concerned with determining the crustal thickness and average
crustal velocity. Since the receiver functions consist of few events we have concentrated on
fitting the early arrivals and have not emphasized fitting later weak arrivals.
Figure 3 shows the stacked radial and transverse receiver functions for BOSA, along with the
+ 10 bounds determined from the variance of the stack. These bounds provide a useful measure
of the coherence of the arrivals comprising the stack. The radial receiver function shows a large
amplitude arrival 4 seconds after the main direct P arrival. There are two smaller amplitude
arrivals; a positive arrival ~ 14 seconds after direct P and a negative arrival ~ 18 seconds after
direct P. The amplitudes of these arrivals on the radial are large compared with the amplitudes
of the tangential at the same time. If we interpret the first of these later arrivals as a P—to-S
conversion at the Moho (Ps) , assume an average crustal P-wave velocity of 6.4 kms™! and a
Poisson’s ratio of 0.25, the timing of this arrival suggests a 35 km thick crust beneath BOSA.
We have inverted the BOSA receiver function data in Figure 3 and similar data for LBTB,
LSZ, and SUR using the linearized inversion procedure of Ammon et al. (1990). The receiver
function result for BOSA is shown in the inset in Figure 3 and the results for the other three sites
are shown in Figures A2-5. The receiver function crustal model for BOSA has a steep gradient
in the shallow crust with the shear wave velocity increasing from 2.35 kms™! at the surface to
3.67 kms™ at 2.6 km depth. The crystalline crust is composed of a 26 km thick section with
an average velocity of 3.67 kms™'. There is a steep gradient between 29 and 35 km depth with
the Moho transition between velocities of 3.98 and 4.75 km s~ occurring from 35 to 38 km
depth. The synthetic receiver function fits the general features of the observation but not the
details. Much better fits were achieved than that shown in Figure 3 by allowing more complex
earth models. However, since the receiver functions were composed of few events and because
our purpose was to confirm the gross crustal features and not to examine the details of the crustal
velocity structure, we have chosen only to model the main features of the receiver functions.
Four seismic refraction studies (Willmore et al., 1952; Gane et al., 1956: Hales & Sacks, 1959;
Durrheim & Green, 1992) show the crust is 3641 km thick over a wide region of the central
part of the Kaapvaal Craton (Fig. 4). The teleseismic receiver function result for BOSA in the
SW part of the craton shows the crust is 35 km thick in this region also. The receiver function
result for LBTB (Fig. A2) in the NW part of the craton shows the crust in this region is 44 km
thick, significantly thicker than to the south. This difference is clearly seen from comparing the
Ps-P time differences for the BOSA and LBTB receiver functions: this time difference is nearly
one second greater for LBTB (Fig. A2) than for BOSA (Fig. 3). Wright & Hall (1990) suggest
that their seismic reflection data from the Kalahari of western Botswana to the NW of LBTB
show the crust thickening to the SE approaching the Kaapvaal Craton. They observe a 14 sec
two-way travel time from a reflector they identify as the Moho. If the average crustal P-wave
velocity is 6.4 km s~ in this region as it is to the south, this corresponds to a Moho at about
45 km depth. Therefore it may be that beneath much of the Kaapvaal Craton the crust is 36-+1
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km thick but is significantly thicker in the NW part of the craton.

The crustal structure of the Zimbabwe Craton and the Limpopo mobile belt is poorly known.
The little seismic refraction data that exist suggest that the crust beneath the Zimbabwe Craton
is about 40 km thick and that the crust beneath the Limpopo mobile belt is 34-36 km thick
(Stuart & Zengeni, 1987; Durrheim et al., 1992). These values agree with the crustal thickness
estimates from gravity and electrical studies (de Beer & Stettler, 1992: Gwavava et al., 1992).
Beneath the crust of the Limpopo there exists a 5-10 km thick, 8.1 km s~ layer overlying a 14
km thick layer where V., drops to 7.6 kms™! (Durrheim et al., 1992); beneath this there is a
positive velocity gradient with velocities reaching 8.5 kms~! at a depth of 110 km.

Seismic refraction/reflection studies show that the crust beneath the Proterozoic/early
Phanerozoic mobile belts is thicker (42-47 km) than beneath the the Archaean core (Baier
et al., 1983; Green & Durrheim, 1990; Wright & Hall, 1990). In addition, there is a suggestion
(Durrheim & Mooney, 1991) that the lower crust beneath the mobile belts contains a thick, high
velocity (V, > 7.0 kms™) section not observed in the lower crust of the cratons. However,
most of the analysis of seismic refraction data in southern Africa predate the use of synthetic
seismogram modeling and hence this proposed difference in the lower crust between the mobile
belts and the cratons requires substantiation. SUR is near the boundary of the Namagqua Province
and the Cape Fold Belt. Inversion of two receiver function data (Fig. A3-4) shows that the crust
beneath this site is 52+1 km thick. Green & Durrheim (1990) find the crustal thickness from
seismic refraction measurements in the Namaqua metamorphic complex 300 km NW of SUR
is significantly thinner (42 km). LSZ is located north of the Zimbabwe Craton in the Irumide
mobile belt. We have inverted the single event receiver function from LSZ (Fig. A5) and the
result suggests a crustal thickness of about 42 km. Since the receiver function consists of only
a single event, we have less confidence in this result than in the other receiver function results;
however, this is the only crustal thickness estimate available for this region.

Figure 4 summarizes the data for crustal thickness in southern Africa. From these data we
form an average 1-D velocity model for the southern African crust to use as a starting model
for the regional waveform inversion. This crustal model is 41.4 km thick and has the following
main features: a 1.4 km thick sedimentary layer with P-wave velocity 4.2 kms™?, a 5 km thick
upper crust with P-wave velocity 6.2 kms™!, a 20 km thick mid—crust with P-wave velocity
6.4 kms™!, and a 15 km thick lower crust with P-wave velocity 6.8 kms™!. Poisson’s ratio is
assumed to be 0.25 throughout the crust.

3.3 Velocity Structure of the Southern African Mantle
3.3.1 Body-wave constraints

Knowledge of the compressional and shear wave speeds directly beneath the Moho (Vp, and
Vs,) provide important constraints in the inversion of the regional surface waveforms. More
precise knowledge of Vs_ beneath the Archaean core is particularly important in our study since
surface wave propagation is primarily controlled by the shear wave structure. Both the fact that
Sn travels with a constant surface velocity near that of the upper mantle shear speed and that
Sn has a substantial high frequency component suggest that it propagates as S-wave energy
trapped in the upper mantle lid, and is thus diagnostic of the upper mantle shear wave speed.
Independent knowledge of the upper mantle shear wave speed is important since it can aid in
distinguishing between velocity models with low average upper mantle shear wave velocities but
no LVZ and velocity models containing a higher velocity upper mantle lid above a shear wave
LVZ, both of which could agree with the surface wave observations.

Vp, measurements from seismic refraction profiles in several areas of southern Africa (Fig. 4)
show Vp, is 8.1 £ 0.1 kms™*. The measured S, velocity observed along three of the refraction
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profiles in the Kaapvaal Craton (Willmore et al., 1952; Gane et al., 1956; Durrheim & Green,
1992) varies from 4.70 to 4.83 kms~. Gumper & Pomeroy (1970) measured Vp_ 8.06 km s~
and Vs, 4.55-4.72 km s™! using earthquakes from over a wider region of southern and eastern
Africa. However, several of the paths they examined traversed the East African Rift. Molnar &
Oliver (1969) and Gumper & Pomeroy (1970) note that S,, is only observed for paths in southern
Africa and for paths south of 10°S crossing the rift. The observed values of Vs, (Gumper &
Pomeroy, 1970) over this wider region of southern Africa span the range observed for shields
(e.g. Brune & Dorman, 1963; The Canadian Shield) to regions of active continental rifting (e.g.
Priestley & Brune 1978; The Basin and Range).

To improve the constraint on Vg_ in southern Africa we constructed a composite record section
of seismograms from southern African events recorded in the distance range 300-2,000 km. The
propagation paths for these events are primarily confined to the stable regions of southern Africa
(Fig. 2 & Table 1) although some of the events occur in the southernmost part of the rift.
These seismograms (Fig. 5) show a clear S, phase with a travel time curve given by T=12.0
+ A/464. Vs, ~ 4.64kms™? falls in the middle of the Gumper & Pomeroy (1970) Vg,
range but is low compared with Vg_ observed for shorter range refraction recordings within the
Kaapvaal Craton (Willmore et al., 1952: Gane et al., 1956; Durrheim & Green, 1992) and for
most shields (Huestis et al., 1973). In the surface wave inversion we use Vs = 4.64 kms™?
as a constraint on the S-wave velocity immediately below the Moho. In modeling events with
most of their path length within the Archaean core or mobile belts of southern Africa we require
Vs, 2> 4.64 kms™' but relaxed this requirement for events with larger fractions of their path
length in the southern portions of the East African Rift.

3.3.2 Modeling of Regional Surface Waves

We determine the mantle shear velocity structure using the differential seismogram technique
of Gomberg & Masters (1988). We have inverted twelve, three~component long period seismo-
grams from eight regional earthquakes (< 30°) in southern Africa (Fig. 2 & Table 1) recorded
at the digital stations BOSA, LBTB, LSZ, SLR, and SUR (Table 3). This has resulted in twelve
path—averaged earth models. The propagation paths are primarily confined to the cratons and
portions of the surrounding mobile belts; however, some paths also sample small portions of the
east African rift. Appendix B describes in more detail the analysis and summarizes the inversion
of the regional surface waveforms.

The seismogram of the July 18, 1986 (Event 2, Table 1 & 2) earthquake recorded at SLR is
typical of the data we have inverted for earth structure and we use it as an example of our analysis
procedure. This event occurred on the northern boundary of the Zimbabwe Craton: thus, the
propagation path to SLR was confined almost entirely to the Archaean core. The event is almost
due north of SLR and the seismograms (Fig. 6) are therefore close to being naturally rotated
(N-S radial; E-W tangential). The short—period P-wave consists of an impulsive P, (group
velocity 7.80 kms™') and no significant P, phase. This observation is typical of short—period
P-wave propagation in stable regions (Evernden, 1967; Langston, 1982). The S, phase (group
velocity 4.46 km s™!) is followed by a large amplitude Lg phase (beginning group velocity ~ 3.67
kms™'). The long-period seismograms are relatively simple. The first arrival on the vertical
and N-S (radial) primarily consists of the P,; wave. The surface waves begin with the higher
Rayleigh and Love modes near the predicted S—wave arrival time (~ 235 sec) and culminate with
the fundamental Love mode Airy phase at about 300 seconds and fundamental Rayleigh mode
Airy phase at about 335 seconds.

The starting earth model for the waveform inversion consists of the average crustal model
discussed in section 3.2 and the upper mantle S-wave model from Bloch et al. (1969) (Fig.

7c). The upper mantle P-wave velocity was related to the S-wave velocity assuming a Poisson’s
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ratio of 0.25 and the upper mantle density was related to the P-wave velocity assuming p =
0.77 + 0.32V},. Figure 7a compares the long-period seismograms with synthetic seismograms
(fundamental and eight higher modes) computed for Event 2 at SLR using the ISC location
(Table 1) and the CMT source parameters (Table 2) and the starting earth model. The phase of
the synthetic higher mode matches the observed higher mode although the synthetic amplitude
is larger than the observed amplitude. The long period synthetic fundamental mode phase and
amplitude are in reasonable agreement with the observed waveform but the fundamental mode
Airy phase is in poor agreement. Before inverting the surface waveforms for a new earth model we
first checked to verify that the observed misfit could not simply be explained by reasonable errors
in the hypocentral location or mechanism for the event. The ISC location accuracy in southern
Africa is uncertain but a comparison of the teleseismic locations of the ISC with regional locations

- of the South African Geological Survey for large rock bursts suggest that the ISC location errors

do not greatly exceed & 10 km for the three hypocentral coordinates. Altering the hypocenter by
these amounts and the source parameters (strike, slip, dip) £10° from the CMT values did not
produce a better fit between the observed and synthetic seismograms computed for the starting
model.

The three-component long—period seismograms were inverted for the path—average earth
model using the waveform fitting approach of Gomberg & Masters (1988). The new earth model
is shown in Figure 7c. The mantle consists of a 76 km thick upper mantle lid with Vs, =
4.64 kms~! directly beneath the Moho. The two layer lid corresponds to a shear wave velocity
gradient of about 0.0011 s~'. Below the lid is a substantial upper mantle LVZ. At the bottom
of the lid V, equals 4.72 km s™*, but drops to 4.10 km s™* at 200-330 km depth. The synthetic
seismograms computed for the inversion earth model are shown in Figure 7b. We found that the
fit was improved by reducing the hypocentral depth of the earthquake from 17 to 12 km. The
phase of the higher mode wave train arriving between about 240 and 300 sec is well fit by the
synthetic seismogram although the synthetic amplitude is still somewhat high. The low frequency
portion of the fundamental mode wavetrain is well fit and the phase of the fundamental mode
Airy phase is matched; however, the amplitude of the main peak on the vertical component is
underestimated by about 40%.

In Appendix B we discuss a series of tests we have conducted to assess the effects of errors in
our assumptions and in the data on the inversion earth model. We assume that the hypocenter
may be in error by &+ 10 km in distance and depth and that the source mechanism may be in
error by +10° in strike, dip, and slip. We then reinvert the surface waveforms to find the effects
of these values on the earth structure. The results of these tests are shown as the bounds on the
velocities and density in Figure 7c. We have also conducted tests to evaluate the resolution of
the data in controlling the thickness of the upper mantle lid and the existence of a LVZ. While
the details of the LVZ velocity structure varied, we were unable to find shear wave upper mantle
models which satisfied the Vg data from Figure 5 and which did not contain a S—wave LVZ. We
therefore conclude that at least an upper mantle shear wave LVZ exists beneath the Archaean
core of southern Africa.

3.3.3 Modeling of P,,; Waveforms

Surface wave observations do not constrain upper mantle compressional wave velocity struc-
ture. We determine the compressional velocity structure of the upper mantle by forward modeling
Pni waveforms from the seismograms of the same eight regional earthquakes used in the surface
waveform inversion. We follow an approach similar to Clouser & Langston (1990). Appendix B
also summarizes our forward modeling of the P,; waveform data.

Figure 8 is an enlargement of the P-wave for Event 2 recorded at SLR. To gain insight

into the composition of the P-wave we first smoothed the coarse “blocky” inversion model by
37

L




increasing the number of layers and changing some of the velocity steps in the coarse model into
gradients. We then computed generalized ray synthetic seismograms for this smoothed surface
wave inversion model for the separate arrivals making up the Event 2 P-wave. Based on these
synthetics the first arrival is the direct P-wave and the second arrival is composed of upper
mantle turning rays from the S—to—P conversion at the Moho beneath the source and from the
depth phases pP and sP. Comparing the individual amplitudes of these phases shows that sP
is primarily responsible for the observed waveform for this event. Figure 9a shows reflectivity
synthetics computed for the smoothed surface wave inversion model compared with the Event 2
long-period SLR seismograms. Whereas the overall fit of the P,; waveform is good, the amplitude
of the synthetic first arrival is small compared to that of the observed first arrival suggesting that
there is insufficient energy present in the synthetic mantle turning wave at this range.

We replaced the mantle fid P-wave velocity structure derived from the surface wave modeling
with the mantle lid P-wave structure SACMO6c found by Clouser & Langston (1990) and recom-
puted the reflectivity synthetic seismograms. This produces a much better match to the observed
first arrival. We then used a trial-and—error forward modeling approach of matching the synthetic
waveform to the observed waveforms by adjusting the upper mantle P-wave velocity gradient.
The Event 2-SLR path is 1038 km long, similar to the most distant event studied by Clouser
& Langston (1990). The match between the synthetic and observed seismograms for this event
imply that there is a positive compressional velocity gradient in the upper mantle lid beneath the
Archaean core, and that the base of the “P-wave lid" is at least 50 km deeper than the base
of the “S-wave lid”". However in modeling events at greater distance ranges (see Appendix B)
we found that the top of the “P~wave” LVZ must be even deeper and that a good fit to all
Py data was obtained for the case of no P-wave LVZ. The final earth model for the analysis of
seismograms from event 2 is depicted in Figure 9c and tabulated in Table 4. The smoothing of
the upper mantle velocity and density gradients has also improved the amplitude fit of the higher
mode surface waves (Fig. 9b).

Our study of P,,; waveforms confirms Clouser & Langston’s (1990) observation that a positive
P-wave velocity gradient exists in the upper mantle beneath the Archaean core but we find the
gradient is 0.0008 s~!, smaller than in model SACM06c. However, our data imply that if a
P-wave LVZ exists, it is much deeper than Clouser & Langston’s (1990) upper bound of 170 km.

3.3.4 One-Dimensional Earth Model for the Southern African Craton

Data for eleven other source-receiver paths (Fig. 2) have been analyzed in the same manner
as described above, and the results for these are given in Appendix B. The synthetic fits to
the observed waveforms shown above for the July 18, 1986 event are typical; some synthetic
fits shown in Appendix B are better than those for Event 2 while others are somewhat poorer.
The propagation paths for these events primarily sample the stable region of southern Africa but
waveforms for some paths sample larger portions of the Proterozoic belts than other paths. There
are differences between the models for the twelve paths; however, these are in details and not in
the main upper mantle features, suggesting that there are no major lateral variations in the upper
mantle structure. We have averaged these models to obtain a 1-D earth model for the Archaean
core of southern Africa (Fig. 10 & Table 5). This earth model has the following features. The
42 km thick crust consists of four layers: a 2 km thick 5.05 kms~! surface layer, a 5 km thick
6.08 km s~ upper crust, a 20 km thick 6.30 km s~! mid—crust, and a 15 km thick 6.73 km s~!
lower crust. Below the crust there is an 80 km thick upper mantle lid. Vp, and Vg, are 8.09
and 4.62 kms™, respectively, and the compressional and shear velocity gradients in the lid are
0.0008 s and 0.0013 s~7, respectively. Below the lid there is a substantial shear wave LVZ with
the S—wave velocity dropping to 4.32 km s™! at 250 km depth. Below 125 km depth the P—wave

gradient increases to 0.0015 s~ and increaés8es again to 0.0035 s~! between 250 km depth and




the 410 discontinuity.

4. DISCUSSION

4.1 Comparison Seismically Determined Velocities with those Estimated from
Kimberlite Nodule Data

An important reason for investigating seismic wave propagation across the Archaean cratons
of southern Africa is that a great deal of information is now available about the composition,
pressure and temperature at depth beneath these cratons from studies of mantle nodules, and the
kimberlitic host magmas that transported them to the surface. The pressure and temperature
at which the nodules last equilibrated can be estimated from two metamorphic reactions. The
intersolubility of ortho— and clinopyroxene is principally dependent on temperature, whereas the
solubility of Al,O3 in orthopyroxene, in the presence of garnet, is principally controlled by pressure.
Finnerty & Boyd (1987) review these and other reactions that can be used as geothermometers
and geobarometers. These estimates have been combined with thermal models of the lithosphere
(McKenzie, 1989) to obtain the thicknesses of the mechanical and thermal boundary layers
beneath the Kaapvaal Craton and surrounding regions. This model is used here, with a mechanical
boundary layer thickness of 165 km and a viscosity of 4 x 10'® m2s~! in the thermal boundary
layer, to estimate the temperature at depth. It gives a thermal boundary layer thickness of 36
km, a lithospheric thickness of 185 km and a mantle heat flow of 23.1 mWm~2,

The seismic velocities and density depend on the composition and mineralogy of the mantle,
as well as on the pressure and temperature. The nodules provide samples of mantle minerals,
and the average composition of the more important minerals is listed in Table C1 (see McKenzie
& O’Nions, 1991, for details). The proportions of these minerals present at depth, known as the
modal mineralogy, can be determined either by point counting, or by finding the proportions of
the minerals that best fit the bulk composition of the nodules. The bulk composition can either be
measured or calculated from a compositional model of the source. Tainton & McKenzie (1994)
showed that all these approaches gave similar estimates of modal mineralogy. Unfortunately the
modal mineralogy, mineral and bulk composition have not all been reported for the same nodules.
We therefore used the melting models of Tainton & McKenzie (1994) that are consistent with
all the information available from the nodules and their host kimberlites to estimate the modal
mineralogy as a function of depth. We used the models for four nodule suites: PKP (phogopite
K-richterite peridotite), and GP and GPP (garnet peridotite and garnet phlogopite peridotite)
from Erlank et al. (1987), and the depleted and fertile nodules from Nixon et al. (1981), and
obtained the modal mineralogy by minimising the misfit between the bulk composition and that
calculated from the phases in Table C1. The minimization used 6 phases, olivine, orthopyroxene,
clinopyroxene, garnet, phlogopite and chrome-spinel, and the misfit function was the sum of the
squares of the differences between the oxide compositions, with the difference for K;O weighted
by a factor of ten. The modal mineralogy of the four nodule suites is listed in Table C1, together
with the parameters used to calculate the density and the seismic velocities from the modal
mineralogy. In all cases the ratio of MgO to FeQ was fixed to be the same as that in the nodule
suite in olivine, orthopyroxene and clinopyroxene. The method used to obtain p, Vp and Vg is
outlined in the Appendix C, and can be used to calculate these parameters for any rock that
consists of the minerals in Table C1.

The nodule compositions from southern Africa show that the composition of the upper mantle
sampled by the kimberlites varies with depth. Unfortunately, accurate depth estimates cannot
be made for the four suites listed in Table C1 because their mineral compositions have not been
reported. But Waters & Erlank (1988) suggest that the PKP nodules come from depths of about
100 - 130 km. Depleted, GP and GPP;énduIes give pressure estimates from 100 — 150 km and




fertile nodules from 160 — 200 km (see Tainton & McKenzie, 1994).

The velocities and density computed from the nodules are given in Table 6; the details of
the calculations are given in Appendix C. The petrological estimates are compared with the
seismic velocities and density in Figure 10 and the lid values are in excellent agreement, which
gives strong support for the proposed upper mantle composition and also implies that the upper
mantle conditions deduced from the petrological data are representative of the Archaean core of
southern Africa,

However, we predict significantly higher velocities and densities from the deepest nodules
(Table 6) compared to the velocities and density at corresponding depths in our seismic model.
The largest difference is for the S-wave velocity. The depth to the top of the S—wave LVZ in
our model for southern Africa is 122 km and we argue in Appendix B that this is resolvable to
about £30 km. Thus even the maximum depth to the top of the LVZ is in disagreement with
the deepest nodule data. This discrepancy is greatest for the S-wave velocity and the reason
for this may be due to the presence of small melt fractions just below the seismically defined
upper-mantle lid. McKenzie (1989) has shown that small melt fractions are likely to be present
beneath the lithosphere and these will separate from the matrix when there is more than about
103% melt present if their viscosity is 0.1 Pa s. Once separated these melts will migrate upwards
but, since such melts movement cannot transport heat, they will solidify within the mechanical
boundary layer at temperatures between 950° and 750° (McKenzie, 1989). The corresponding
depths can be estimated from the nodule data and for the Kaapvaal Craton these temperatures
correspond to depths of 120 to 100 km if the dihedral angle is as small as zero. Below this depth
this small melt fraction can coat the grain boundaries of the matrix with a thin film. Such a
film has been assumed to be absent when the bulk elastic parameters are calculated from the
modal mineralogy. Though its presence would have little effect on the density and bulk modulus,
the same is not true of the shear modulus. Lubrication of the grain boundaries could have a
significant effect on the shear modulus, which controls V, (O’Connell & Budiansky, 1974).

4.2 Geological Implications of the Velocity Structure

Though southern Africa has not been deformed since the Archaean, it has undergone regional
uplift of at least 1 km over very large regions. McKenzie (1984) and Cox (1993) have suggested
that this uplift results from the underplating of Karoo basalts. This suggestion is consistent with
our velocity model if such material is emplaced in the lower crust. The velocities and density of
the 15 km thick layer, at depths of 27-42 km, are typical of those of basalt, and emplacement of
such a layer would produce an uplift of 1.4 km.

The velocity of the S waves in the high velocity mantle lid agree better with those calculated
for the PKP nodules. Though the difference between the velocities of different nodule types is
scarcely larger than the likely modelling errors, only the PKP nodules come from depths between
52 and 122 km, corresponding to the high velocity lid. The velocities of the PKP nodules
are less than those of the other nodule types because their potassium oxide content of 0.86%
stabilises phlogopite and the amphibole k-richterite (Table C1). Both minerals contain Al,Oj,
hence reducing the proportion of garnet. Furthermore the seismic velocities of amphibole and
phlogopite are considerably lower than are those of garnet (Table C1). The agreement between
the PKP parameters and those of the best fitting seismic model therefore suggests that mica,
rather than garnet, peridotite is the rock type that is present in the upper mantle over much of
southern Africa. This conclusion is consistent with the petrological observations. Cox (1983) in
particular has argued that the potassium concentration in the Karoo picrites from the Lebombo
monocline requires them to have been derived from two end members, one of which is a typical
low potassium plume basalt and the other a K-rich melt with 4% K,O that is easily produced
by melting material with the composition of PKP nodules. However, as Cox (1983) remarks, the




enormous volume of the picrites require a large source of the K-rich magma. If the lid consists of
PKP material and is 60 km thick, 1% melting generates 600 m of magma. Cox’s (1983) model
requires the 2 km thickness of the picrites to contain about 500 m of the K-rich melt. There is
therefore no obvious difficulty in accounting for the geological observations in this way.

The difference between the velocities estimated from the seismological observations below a
depth of 122 km and those from the deeper nodules is considerably larger than the estimated
uncertainties (Fig. 10). Though presence of a very small ( 0.1%) melt fraction with a dihedral
angle that is small or zero seems a plausible explanation for the observations, and its upward
percolation can account for the potassium enrichment seen in the PKP nodules, it is not likely
that the whole region between 120 and 400 km contains melt. Melting is generally accompanied
by an increase in volume, and hence the solidus temperature increases with pressure. However,
the velocity structure of the LVZ is not yet well constrained by the seismic observations (see
Fig. 10), and therefore may be less different from that calculated from the deeper nodules than
our model suggests. Furthermore, all the nodules consist of mantle that has been depleted by
considerable amounts of basalt extraction, a process that lowers the density and increases the
seismic velocities. The upper mantle beneath the lithosphere has not been depleted in this way,
and the density and seismic velocities at depths greater than about 200 km should be compared
with those calculated for the undepleted material, and not with the values from the nodules.

4.3 Comparison with Previous Southern African Seismological Models

Figure 11 compares our earth model with several previously published models for southern
Africa. Bloch et al. (1969) used fundamental mode Rayleigh wave phase velocity and fundamental
and higher mode Love and Rayleigh wave group velocities to determine the crust and upper mantle
shear wave structure in the same region as our study, and we used their mantle model for our
starting model in the waveform inversion. The two shear wave models have similar upper mantle
lids and LVZ; however, the average mantle lid velocity of the Bloch et al. (1969) model is higher
than in our model and the average velocity in the LVZ is lower. Our lid shear wave velocity is
controlled by the Vs, observations (Fig. 5); if we had assumed a higher Vg_, this would result
in lower velocities in the LVZ. Figure 12 compares Bloch et al. (1969) dispersion data with the
dispersion curves computed for our model. The observed Rayleigh wave group velocity curves
are well fit by the group velocity curves predicted by our model at periods greater than about 5
seconds. The Love wave group velocity curves are well fit above about 9 seconds period where
the fundamental and first higher mode interfere. The predicted Rayleigh wave phase velocity
curves underestimate the observed phase velocities. The curvature of the fundamental mode
Rayleigh wave phase velocity curves near 40 s period (the Airy phase) which is matched in Figure
12, provides the greatest dispersion constraint on the lid thickness (Priestley et al., 1980). The
observed phase velocities in this period range suggest that velocities in the lower part of the lid

. may be slightly higher than in our model; however Figure 7a shows that synthetic seismograms
computed for the Bloch et al. (1969) model do not fit the observed seismograms. We feel that
the inversion of the multi-mode waveform data coupled with the V. data from Figure 5 provides
stronger constraints on the upper mantle structure than is provided by the two—-stage process
of computing the fundamental mode dispersion curve and inverting that for the upper mantle
structure.

Cichowicz & Green (1992) use the partitioned waveform inversion method of Nolet (1990)
to invert Rayleigh wave data from two teleseismic earthquakes recorded on four broadband seis-
mographs deployed along a profile extending southwest from the central Kaapvaal Craton into
the adjacent Namaqua mobile belt. Three of their upper mantle shear wave models, obtained
by including 3, 6, and 11 eigenvectors in their inversion, are shown in comparison to our shear

velocity model in Figure 11. The model with 3 eigenvectors is almost horizontally homogeneous
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whereas the other models show an upper mantle lid. However their lid is significantly thinner and
their upper mantle shear wave LVZ significantly shallower than that found in our study. Figure 13
compares reflectivity synthetics for Event 2 computed from the final crustal model for this event,
overlying the upper mantle models of Cichowicz & Green (1992). These synthetic waveforms
show little resemblance to the observed waveforms. We used the Bloch et al. (1969) shear wave
structure as the starting mantle model in our inversion. We constructed a new starting model
using the average crustal model from the seismic refraction and receiver function modeling, and
the Cichowicz & Green (1992) n = 6 mantle model and reinverted the Event 2 seismograms from
SLR. The resulting inversion velocity structure which employed this new starting model converged
towards our original result for this event, giving us confidence that the differences between our
upper mantle model and those of Cichowicz & Green (1992) were not simply the result of our
choice of a starting model.

Clouser & Langston (1990) derived upper mantle compressional wave models for both cratonic
and mobile belt regions of southern Africa by forward modeling P,,; waveforms from two moderate
earthquakes in Zimbabwe recorded on long period seismographs in southern Africa. In our study
of the P,; waveforms we have followed the same approach in deriving our upper mantle P-wave
velocity model. Clouser & Langston (1990) conclude that a model with an upper mantle P-wave
velocity gradient of 0.0033 s=! and a P-wave LVZ no shallower than 170 km best fit the data
for the craton. This velocity model, SACMO06c, is shown in Fig. 11 for comparison with our
model. Since SACMO6c only extends to 275 km depth, we have extended the gradient below this
depth. The seismograms which control the deeper part of model SACM06¢c were recorded at an
epicentral distance of about 1100 km. Nearer events could be fit with structures containing a
P-wave LVZ as shallow as 130 km. The events discussed in Appendix B have epicentral distances
as great as 3000 km and hence have deeper turning depths. Figure 14a shows that reflectivity
synthetics computed for the model SACMO06¢ closely match the observed Event 2 waveforms at
SLR (A = 1038 km). However, the synthetics P-wave computed for SACMO06¢ arrives about
3 s earlier than the observed P-wave arrival time of the March 9, 1989 earthquake (Event 4,
Table 1) recorded at SLR (A = 1479 km) (Fig. 14b). This early arrival time arises because of
the steeper upper mantle gradient in model SACMO06c compared to the upper mantle gradient in
our model. However the narrow P-wave LVZ in model SACMO6c has little effect on the deeper
turning P-wave from the July 24, 1991 earthquake (Event 10, Table 1) recorded at SUR (A
= 2106 km). From the tests we have made in comparing synthetics with the observations (see
Appendix B), we conclude that if a P~wave LVZ exists beneath the Archaean core it is deeper
than 250 km depth. It is more likely that there is no P-wave LVZ beneath the Archaean core.

Figure 11 also shows the P-wave model of Green (1978) for eastern and southern Africa
which was derived from travel times of accurately located earthquakes in east Africa recorded at
seismographs in eastern and southern Africa. The shallow part of the model (< 250 km depth) is
constrained using seismograms of east African earthquakes recorded at east African stations and
therefore characteristic of the upper mantle beneath the East African Rift. The P-wave velocity
at these depths is low compared to that beneath the craton. The model below 250 km depth
is constrained by seismograms recorded on the shield and at these depths Green’s model is not
significantly different from the model we have determined from the body wave modeling.

4.4 Comparison with other Earth Models for Shield Regions

The agreement of in situ velocities and density estimates at upper mantle depths beneath the
Kaapvaal Craton made from petrological analysis of the kimberlite nodules and the seismically
determined velocities and density suggests that the nodule estimates are representative of the
wider region of the Archaean core. It is interesting to compare the southern African results with
other shield regions from which little upp4e£ mantle nodule data is available. Figure 15 compares




earth models for the Australian, Baltic, and Canadian shields with the southern African model.
The shear velocity models were derived from either forward fitting (Canadian Shield — Brune &
Dorman, 1963) or inversion (Baltic Shields — Calcagpnile, 1991) of surface wave dispersion data, or
by forward modeling S-waves recorded in the regional distance range (Kennett et al., 1994). The
compressional velocity models were determined from either forward modeling long~period (Baltic
— Given & Helmberger, 1980; Canadian Shields — LeFevre & Helmberger, 1989) or broadband
(Australian Shield — Bowman & Kennett, 1990) P-waveforms but generally at larger distance
ranges than those modeled for southern Africa.

The upper mantle model for southern Africa has features similar to the upper mantle beneath
the Canadian and Baltic Shields. The shear wave structure for all three regions shows an upper
mantle lid with shear wave velocities varying from about 4.65 to 4.70 kms™!. Neither the
Canadian nor Baltic shield models show a gradient in the lid but this is probably due to limitations
in the method of analysis. The seismically determined velocities in the lid of all three models
are in reasonable agreement with the velocity estimates from the nodule data from the Kaapvaal
Craton kimberlites. The lid overlies a shear wave LVZ which begins at about 110-120 km depth.
The lowest velocities in the LVZ are at depths of about 250 km depth in each of the three regions.
The upper part of the Australian shield shear wave model is similar to the shear wave structure
for the other three shields. However the S-wave velocity reversal seen below the other shields at
120 to 150 km depth does not occur beneath the Australian shield until depths of 200 to 225
km.

There is more variation in the P-wave models for the four shield regions. Below about 220 km
depth the Canadian and Baltic Shield models are similar to the southern African model; however,
above this the models are significantly different. Both the Canadian and Baltic Shield models
have a high velocity P-wave lid above a P-wave LVZ but the nature of the lid and the LVZ is
different in the two models. The P, velocity in the Baltic Shield model is about 8.2 km s~ and
the lid extends to a depth of about 140 km; the Canadian Shield model has a P, velocity of
about 8.4 kms™! and the lid extends to a depth of about 170 km. In contrast, the southern
African P, velocity is 8.1 kms™' and there is no P-wave LVZ. The P-wave velocity gradients
in the lid of the Canadian and Baltic Shield models are similar to that in the southern African
model. The P-wave velocities of the Canadian and Baltic Shield models do not agree with the
estimates from the kimberlite nodules from the Kaapvaal craton. The Australian Shield P-wave
model does not contain a LVZ but has a significantly higher velocity than the southern African
model and does not correspond to the same structure as the other models below 220 km depth.

5. CONCLUSIONS

We present a new 1~D velocity and density model for the crust and upper mantle beneath
southern Africa. The crustal velocity structure is derived from modeling teleseismic receiver
function data and from published seismic refraction crustal models. The mantle model is derived
from inversion of multi-mode regional surface waveforms and forward modeling of P,,; waveforms.
The average crust and upper mantle model derived from analysis of data from twelve paths largely
confined to the Archaean core of southern Africa has the following major features. The 42 km
thick crust consists of four layers: a 2 km thick 5.05 km s~! surface layer, a 5 km thick 6.08
km s™! upper crust, a 20 km thick 6.30 km s~ mid—crust, and a 15 km thick 6.73 km s~ lower
crust. Below the crust there is an 80 km thick upper mantle lid. V¢_ and Vg_ are 8.09 and 4.62
km ™', respectively, and the compressional and shear velocity gradients in the lid are 0.0008 s—!
and 0.0013 s™%, respectively. Below the lid there is a substantial S—wave LVZ with the shear
wave velocity dropping to 4.32 kms™" at 250 km depth. The S-wave LVZ is required to both
explain the Vs, measurements and fit the regional surface waveforms. Forward modeling of Py
waveforms does not require an upper mantle P-wave LVZ. Below 125 km depth the P-wave
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gradient increases to 0.0015 s and increases again to 0.0035 s~! between 250 km depth and
the 410 discontinuity. The distribution of earthquakes and seismographs used in this study has
not provided adequate data'to resolve the question of deep lithospheric differences in the structure
beneath the Archaean cratons and the Proterozoic mobile belts.

We have estimated the upper mantle lid velocities and density from the composition of the
nodules brought up by kimberlites through the Kaapvaal Craton. These values are in good
agreement with the seismically determined upper mantle lid velocities and density for the Archaean
core of southern Africa, suggesting that the nodule data is representative of the wider region and
not just the region beneath where they are found.
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