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Chapter I

Introduction

The research in this report can be described in terms of three classes
of model development: 1) mixing and transport in the free atmosphere, 2)
boundary-layer moisture regimes and cloud development and 3) the
influence of surface conditions including surface roughness, scil and snow
conditions.

A formulation for momentum transport due to topographically forced
gravity waves was constructed by Jinwon Kim by generalizing the
previous models of Lindzen and Smith (Chapter 2.1). Mr. Kim's work
includes the first direct comparisons of formulations for gravity wave
momentum transport with direct observations of fluxes. The modified
formulation proved %o be quite successful. The heat transport by gravity
waves appears to be too small to measure with respect to sampling
problems. For application to the global model, an existing daia set for
statistical surface topography must be acquired.

‘ihe companion formulation for transport by clear air turbulence was
consiructed by analyzing data from two field programs designed for such
purposes, but never analyzed (Chapter 2.2). This chapter contains the first
direct comparison of a free atmospheric mixing model with direct
observations of turbuience fluxes. The formulation derived in this report
is found ic adeqguately describe the available data although the scatter is
large for large stabiiity, particularly for momentum transport. The
formulaticn is ifested in the one-dimensicnal model. The locally generated
turbulence is icund to be systematically significant on the underside of
the nocturnai low-level jet. This turbulence can significantly influence
the underlying nocturnal boundary layer.

The study of boundary-layer moisture regimes finds two asymptotic
classes of boundary layers (Chapter 3.1). The drying boundary layer
occurs with strong surface heating and rapid boundary-layer growth into
dry air aloft. For this case, boundary-layer moisture is not well mixed
and decreases with time. The moistening boundary layer is dominated by
suriace evapotranspiration. The development of clouds is expected to be
quite difierent for these two types of boundary layers.




The formulation for boundary-layer cloud cover is developed using
HAPEX data (Chapter 3.2). Analysis of this data indicates that inclusion of
the influence of both turbulent scale and subgrid-mesoscale variations of
relative humidity are necessary to correctly estimate the dependence of
the spatially averaged cloud cover on the spatially averaged relative
humidity. This implicitly introduces a stability dependence into the cloud
cover formulation. The expression for transmission of radiation through
the cloud is also important. Testing of the cloud cover formulation
indicates more sensitivity to the large scale vertical motion than to the
values of the coefficients in the formulation. Analysis ¢f the cloud-
enhancement of boundary-layer fluxes from the HAPEX data showed that
the cloud influences on the boundary-layer transport was small for tnis
data set. A new format for representing transport by boundary-layer
clouds has been developed partly based on existing observational studies
in the literature. However new data sets where cloud transport is more
important must be obtained before such a model can be seriously
considered.

The study on the roughness parameterization allows the roughness
length for momentum to be significantly iarger than that for heat to
accommcdate recent evidence accumulated from several field studies
(Chapter 4.1). While the model is now more "modern®, evaluation of the
significance of the improvements with HAPEX data were inconclusive.
This chapter will be revised significantly by Dr. A. A. M. Holtslag, at the
Royal Ne#heriands Meteorological Center (KNMI) in The Netherlands before
being submitting to a refereed journal.

An additional study was conducted to examine how the relative
humidity field evolves in the modelled daytime boundary layer (Chapter
4.2). This evolution iliustrates the complex interactions of the boundary
layer, large scale vertical motion and soil moisture. These interactions
can lead to unexpected developments with respect to potential cloud
initiation.  This chapter helps better understand the behavior of the model
moisture structure and points out important interactions not previously
anticipated. Also, studies on the suitability of the snow model were
inconclusive due to the inability to find appropriate data sets and are not
reported here.

Finally, the physics and numerical methods used in the boundary-layer
model are summarized from the latest model user's guide and are
presented in Chapter 5, followed by concluding remarks concerning
boundary-layer parameterizations over land in Chapter 6.
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Chapter 2.1
Momentum Transport by Gravity Waves

2.1.1. Introduction

Topographically generated internal gravity waves can transport significant momentum vertically
in the atmosphere. The nondissipative nature of internal gravity waves (Eliassen and Palm. 1950)
may allow the wave stress at the ground surface to be transferred far into the upper atmosphere
where the deasity is small. Wave stress divergence associated with wave breaking acts as 2 drag on
the mean flow at the wave breaking levei. The impact of gravity wave drag is known to be important
for large-scale motions on time scales longer than a week over continental areas during the wintertime
{Palmer ef al.. 1886). Spectral analyses show that the mesoscale vasiances are climatologically much
lasger over mountainous areas than over flat land surfaces or the ocean, and the observed differences
are mostly due to gravity wave activity in the atmosphere {(Jasperson et al., 1990).

Momentum transfer by gravity waves can be locally important on smaller time scales above
significant topography. Lilly et oL (1952), Hoinka (1985), and Brown (1953) found that tiic stress due
to gravity-wave scale disturbances over mountainous areas sometimes exceeds several N/m? in the
middle of the troposphere. This value is one or two orders of magnitude larger than typical turbulent
stresses in the boundary layer. For a summary of the observed values of the gravity wave stress in
previous studies, see Palmer <1 ol (1986).

Granily wave drag is usually parameterized in terms of solutions to the lincar gravity wave cqua-
tion with Kelvin-Helmholtz instability or convective instzbility as a criterion for wave brezking. The
modelling study of Klemp and Lilly {1978) shows that a linearized two-dimensional model. combined
with an adjustment of local flow with respect to Kelvin-Helmheltz instability, can simulate orographic
gravily waves and 2ssocizted momentum flux reasonably well. Inclusion of gravity wave drzg pa-
rameterization has been shown to significantly improve the simulation of large-scale flow (Holton,
1982; Palmer ef al, 1986; McFzriane, 1957; Hunt, 1990). However, simple formulations of gravity
wave momentum flux have, to our knowledze, not been directly compaied to observed fluxes. Such
comparisons must include the computation of the ¢ffectivs height of surface topography, the effects of
ronlinear lower boundary condition (Smith, 1977), and the saturation and supersaturation conditions
for the gravity wave stress (Lindzen, 1981, 1958). Direct comparison of gravity wave drag formulations

with observed almaspheric fluxes i< onc of the main goals of this study.
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Representation of the wave breaking process in the frame of linear gravity wave theory plays a
central role in the parameterization of gravity wave drag. Lindzen (1981) introduces the wave stress
saturation hypothesis assuming that the maximum amplitude of a gravity wave is limited by the onset
of hvdrodynamic instability. This wave stress saturation condition has been successfully employed in
large-scale modelling studies (Palimer ¢! el., 1956). However, Smith {1977) and Lindzen {1288) sugzest
that some degree cf convective instability can be mairtained in wave breaking regions (wave stress
supersaturation hypothesis). Lindzen’s {1988) theory of supersaturation is derived for an isothermal
atmosphere with constant wind speed. We will generalize Lindzen’s wave stress supersaturation theory
for application to vertically varying mean flows by introducing an cguiralent scale height which replaces

the scale height for an isothermal atmosphere.

Determination of the wave stress at the ground surface requires the value of the amplitude of
the vestical displacement of a streamline at the ground surface (effective mountain heigst) which is
vsually assumed to be related to the height of the mountain (or the root-mean-square variance of
subgrid scale orography for large-scale models). The vertical displacement of a sireamline at the
ground surface also depends on the flow conditions near the ground surface inclu ling the flow Froude
number (Fr) defined as Fr = Nonp fUo where 15 is the height of the surface topography, and Xy and
U'p are the buoyancy frequency and mean wind speed near the ground, respectively (Drazin, 1951;
Pierrehumbert and Wyman. 1956}, The nonlincar study of Drazin (1951) shows that as the Froude
number increases, the flow near a three-dimensional obstacle becomes more two-dimensional; when
the Froude number exceeds unity the vertica! displacement of a streamline 15 esseniially suppressed.
Similar features are observed in the three-dimensional numerical modelling studies of Smolarkiewicz
and Rotunno (1959). Blocking of the low level flow at the upstream from tepography or pooling of
cold air in a valley reduces the effective mountain height. Howeser such processes are nonlinear and
have no prectse theoretical description. Stern and Pierrchumbert (1958) provide an estimate of the
cfiective mountain height in terms of a critical Froude number based on two-dimensional modelling
studies. In this study, we estimate the effective mountain height by fitting the gravity wave amplitude

at the ground with the observed wave stress below the model-predicted wave brexking level.

The vertical heat flux by breaking gravity waves and associated turbulence may be locally impor-
tani. Asymmetry of the streamlines due to wave steepening and nonlinear interactions between waves
may induce seme net wave heat flux. In addition wave breaking and associated turbulence can cause
significant local turbulent heat flux. Earlier parameterizations of wave drag of Lindzen {i831) and

Holton (1952) assume that the turbulent Prandtl numbes in the wave breaking region will be close to
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unity, i.¢., heat and momentum transfer in the wave breaking region are of similar efficiency. Chao and
Schoeberl {19584) suggest that streamlires will be nearly vertical in the wave breaking region in which
case the local turbulent heat flux is near zero. Fritts and Dunkerton (1985) also suggest small net heat
flux across the entire wave due to the upward turbulent heat fiux in the convectively unstable wave
breaking region. From rotating tank experiments Delisi and Orlanski (1973) and Dunkerton {1939)
observe that wave breaking does not cause significant alteration of the initial stratification implying
small net turbulent and wave heat flux.

The spatial variations of the turbulent heat flux will ield importa~. information about the mech-
anisms of wave breaking. If wave breaking occurs mainly by Kelvin-Helmholtz instability, turbulent
heat flux 1a the wave breaking region is expected to be downward. If wave breaking occurs by con-
vective instability, the turbulent heat flux will be locaily upward in the wave breaking region. This
phenomenon can offset much of the downivard heat flux due to wave-induced turbulence in the stably
stratified regions. The observed turbulent heat flux is studied in Section 3 using aircraft data from
ALPEX (the Alpine Experiment). In Section 8 we will formulate the upward turbulent heat flux in
terms of wave-modified variables and coinpare with the observed turbulent heat flux.

Aircraft data collected on 6 and 25 March 1982 in ALPEX are analyzed in Sections 2 and 3 in order
to study the most important characteristics of the disturbances generated by the underlying coastal
range. The analysis will focus on wave momentum fluxes, wave breaking and resulting turbulent heat
flux in the wave breaking region. A simple parameterization of the gravity wave drag is presented in
Sections 4 and 5 using the solution to the lincar gravity wave equation with first-ordsr expansion of
a nonlinear lower boundary condition presented in Smith {1977) combined with the genreralized wave
stress supersaturation coadition. In section 6, the vertical profiles of wave momentum flux estimated
for the ALPEX cases are compared with the observed wave momentum flux. Inference of the effective

mountzin height based on model comparisons with the data iz presented in Seciion 7.

2.1.2. Observed flow

The NCAR ELECTRA aircraft flew over the coastal range of Northern Yugoslavia on 6 and 25
March 1952 in the north-cast south-west direction, which is approximately parallel to the direction
of the low level wind and perpendicular to the coastal range axis. The flights covered 2 region
approximately 240 km wide, centered at the coastal ridge, in a layer 2.4-5.7 km above sea level. This
study analyzes five flight legs at 2.4, 2.7, 3.3, 3.5, and 4.5 km above sea level for 6 March ALPEX and
three flight legs at 3.3, 4.5, and 5.7 km above sca level for 25 March ALPEX.
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The vertical structure of the mean wind, observed by radicsonds soundings at Zagreb, Yugoslavia,
are quite different between the two d-ys (Fig. 1a,c). On 6 March, a strong Bora flow near the ground
surface leads to significant speed znd directional shear. On 25 March, the wind speed increases
monotonically in the vertical without sigmficrat change of wind direction within the tropospherc.
Detailed description of the flow on these two days is presented in Smith (1987) and Mahrt and
Gamage (1957}.

The vertical propagation of orographic gravity wzves is influenced by the vertical variation of the
arind component parallel to the surface wind (McFarlane, 1987) defired as

< V(z),Ve >

VP(:) = WOI (l)

where V(=) is the mean wind component parallel to the surface wind Vo, V{(z) is the mean wind at
height =, and < V(z), Vo > denotes the scalar product between the two veCtors Vg and V(z). The
surface wind directly responsible for the onset of wave mot.on is somewkat difficult to define. In this
siudy we usz the wind speed from the upstream radicsonde sounding averaged over a 200 m decp
jayer centered at the ridge top level.

On 6 March, V, decreases with increzsing height with a critical level for stationary gravity waves
(V, = 0) at 5 km 2bove sea level (Fig. 1b). Vertical decrease of this wind component can cause
amplification and breaking of gravity waves as discussed in later sections. In contrast, Vy, increases
with increasing height and critical layer does not exist within the observational demain for 25 March
(Fig. 1d).

We mainly investigate the flow on 6 March where low-level wave breaking is expected. The
horizental wind parallel to the direction of the flight, vertical wind, and the potential emperature
observed at the 3.3 km level on 6 Mzrch are presented in Fig. 2 together with the underlying to-
pography. The most significant feature of the observed flow is the large-zmplitude disturbances on a
horizontal scale of a few tens of kilometers accompaniad by smaller scale turbulence. The strongest
disturbances are confined to the lowest first fewr kilometers above the coastal range.

The larger scale motions arc isolated by band-pass filtering the raw records with 10 and 80
&m cutofl wavelengths for the lower and upper limits of hosizontal length scales, respectively. The
wavelengihs were chosen based on inspection of the record which Includes one major cvent on tie
s:ale of mountain range and smaller scale wave-like motions. The computed fluxes are not sensitive
10 the exact values of the cutofl wavelengths. These band-pass filtered disturbances will be loosely
called the wave-scale disturbances. Noticeable pezks of the variance of wave-stale vertical velocity
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appear above and immediately downstream from the ridge (Fig. 3). Growth and breaking of gravity
waves are usually accompanied by significant asymmetry of the shape of perturbation streamlines and
the concentrated Lorizontal gradients of . Such sharp gradients appear as boundaries of ramp-1 e
structures and may indicate the presence of a frontal region associated with wove steepening. The
strongest cvents in the records of u and w at the 3.3 km flight level {Fig. 2) are examples of such a
structure.

The turbulence occurring on 6 Masrch is strongly related to wave-scaie motions. The varizance
of 1 km high-pass filtered vertical velozity (Fig. 3) is large at locations of large wave-scale varfance
Turbuience in the wave breaking regions and associated turbulent heat fiux wilt be discussed in more
detal in Section §  Simular horizontad variations occur at other flight levels near and below the critical

level on 6 March {not shown).

2.1.3. Cb=erved wave momentumn fux
The momentuin fux dus to wave-scale motions on 6 and 25 March for cach flight leg Is calculated

by averaging the product between the band-pass Sltersd horizontal and vertical velocities as

T = Y B @)
=3
() = :i:-zi-.;(:lw,(:)dx 3)

where () represents ihe wave-scale {(band-pass fltered) disturbance, i is the number of points in the
averaging region. and the subsrript 7,7 denoles the position along the flight path. The averaging is
performed for a 80 km section of the flight track above the cozstal range where the wave activiw
s significant. The average menentum flux is somewhat sensitive to the averaging length. This
seasitivity may indicate sampling problems as diszuseed by Lumlsy and Panofky (1964), Wyngaard
{1977}, =nd Lenschow and Stankov (1955). However, wave-scale moticns and associzted momentum
fiuxes observed in cach flight kg appear io be staticaary and confined to a region directly over the
mountain range. Consrquently sampling problems for taz cusrent study are more related to defining
the horizontal length scale of the wave activity than cbiaining ensemble averages of random signals.

The =ave-scals momentum flux vecier on the two days s generally directed in the opposite
direction of the susface wind (Fig. 4a) as expected from linsas gravity waves induced by terrain. Only
on 6 March at higher levels does the direction of wave-scale momentum flux rotate away from this

dircction ané by an angle of less than 45 deg.
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For comparison with the wave momentum flux formulations in Section 6, we compute the ware
momenium flur M, as the component of band-pass momentum flux in the opposite direction of the
surface wind Vg as _

= <Y @
where M is the vector of wave-scale momentum flux (7%, 7) calculated from (2-3j and < AT, Vo>
represents the scalar product of the flux vector Af and the surface wind V. ‘This wave momentum flux
decreases with increasing height on 6 March consistent with the expected occurrence of wave breaking
on this day (Fig. 5, open circles). Without wave breaking, conservation of wave stress implies that
the wave momentum fiux should increase with height due to the decrease of atmospheric density with
heizht. The wave momentum fiux is about 2.8 m*/s® at 2.4 km level and decreases to about 0.5 i [
at the 4.5 km level (Fig. 5). This vertical dearease of the wave momentum fiux implies deceleration
of the mean wind component parallel to the surface wind at 2 rate of 2bout 9 x 10~% ms~3. This
deceleration rate is comparable to the magnitude of the Coriolis tern. Thus, wave drag appears to
be important in the evolution of the low-level flow over the coastal range on this dayv.

In contrast. the wave momentum flux generally increzses with increasing height on 25 March (Fig
6. open circkes). The magnitude of this increzse of wave momentum flux with height s predicted by

conservation of wave stress {Section 6).

2.1.4. Wave equation

In Section 6. we will compare the observed wave momentum fiux with that predicted by for-
mulations for linear gravily waves and wave breaking. The following two sections will develop these
formulations by combining the nonlinear lower boundary condition of Smith (1977) with wave stress
supersatur2tion theory of Lindzen (19535) after gencrzlizing the wave stress supersaturation thesry for
height-dependent mean fiow. Alihough portions of the following derivetion are completely analogoxs
to Snuth (1977) or Lindzen (1958), they 2r¢ included here in abbreviated form for continuity of the
denvation. We will first briefiv revies the solutices to the Lnear gravity wave equation with zero-
and fisst-order lower boundary conditions =< presented by Smath (1977).

The disturbance ficld of a streamline for a linear, stationary gravity wave in a steady, incompress-

ible. hydrostatic flow can be expressed by Long’s equation {Long, i953)

v+ £85=0 )

)




parameter, or vertical wave nurnber, defined as

- l g dp .‘\'-2
£ = —cz=— = —. o
U‘pd:g 2 )

Assuming that the horizontal wavelength of the motiow. s much larger than the vertical wave
length, which can be justified for the cases considered in this study, we neglect the terms contzining
second order derivatives in the horizontal while retaining those containing second order derivatives in

the vertical. Then, expanding the Laplacian opesator, (3) can be approximated as

&6

+ £& = 0. {n

Assuming further that surface topography 1= the only source of gravity waves. the radiation beundary
condition ts applicd at the top of the domain. At the bottom of the domain, 2 Kinematic boundary
condition

&(=a(x)) = =) (§a}

1s imposed, where n{z) s the height of the ground topography and &{x.7(x)) is the vertical displace-
ment of a streamiine 2t the ground level. In (8a), the amplitude of terrzin-induced gravity waves is
assumed equal to the height of the ground topography.

The lower boundary condition (S8a) can be expanded in terms of gyl (Smith, 1977) as

Heofz) = H=.0) + (= 0)(s) + 0GR = nfx) (53}

where n; is the amplitude of the surface topography and {5 denotes the vertical wavennmber at the
ground level. The usual linear lower boundary condition is obtained by retaining the lowest order

ierms from the expanded nonlinear lower boundary condition (83) ==
5(z,0) = ={z). ©)

For shallow terraia, (9) may be suificient to represent the disturbance of the streamline at the ground.
Howevesz, as the mountain becomes higher, the first-order term in (S3) may become significant (Smith.
1977). Retaining the first-order term on th  -ight-hand side of (§3), the first-order lower boundary

condition becomes (Smith, 1577)
G
§z,0) + =—(=.0)(z) = n{x)- (102)

In this study we will apply the first-order lower boundary condition (10a) since the solution comres

spoadiag to zero-order lower boundary condition (9) can be recovered from the final solution
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For simplicity, we assume a monochromatic sinusoidal topography with an amplitude 1) defined

n{x) = 7 cos{£z). (10%)
In the presence of vertical shear and vertically varying stratification, the solution for &(z, =) in (7)
with the first-order lower boundary condition (10a,8) and the \WKB approximation can be w7itten 25
(Smith, 1977)

&{=,2) = h{z) [cos(kx +9) + h?fo sin(2kr + 9)] {11)
where 6{z) = | * 4(="1d>" is the vertical wave phase, (=) is the 2mplitude of the streamline distur-
bances 2t height =, 2nd fi5 is the amplitude cf the vertical displacement of the streamline at the ground
2ssumad equal to the amplitude of the surface topography 1.

The amplitude of the vestical displacement of the streamline height, B{=), can be estimated from
conservation of wave stress {Elizssen and Palm, 1960) or conservation of wave action (Smith, 1977}
for Linzar internal gravity waves. The relationship between the mean flow profile and the amplitade

of streamline disturbances for Linear inonochromatic gravity waves can be expressed as (Smith, 1977)
p=)GI=)N(2)E83(z) = conslant (12)

where §2(2) is the mean-square amplitude of the gravity wave 2t height = and () dexotes horizontal

averaging over one wovelength. The mean-square amplitude §%(=) is obtained from (11) as

B = T2 L1 Lol a3)

-4

Cominning (12) and {13), the ratio of the amplitude of the streamline displacement at height = above

the ground to the amplitude at the ground kevel, 7{=), becomes (Smith, 1977)

_ &) _( psUaiNo _))"2

W) = 5= = EIN(

where the subseript "o~ denotes the value at the ground level. Relationship (14) indicates that

(14)

imernal gravity waves amplify during the vertical propagation duc to decreasing density, wind specd,
and stratification? of the mean fiow with increasing height.
The average stress exerted by a gravity wave, =.(z), is calculated by

Lz

7elz) = —p{=)aw(z) = —% e A(=)elx, 2)ie{x,=)dr (15}

¥ The amplitude of a gravity wave increases with decreasing stiratification in the vertical. However,
wave sleepening inareases for 2 given walue of wave amplitade with Increasing stratification with
height 235 shown by (36) and (37) in Section 5.
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where L is the horizontal wavelength of the wave, and #{z, ) and @{z, =) are disturbance horizontal

and vertical components of wind due to wave activity given as

i=-U|z (z 2) (16a)

= U[% (z,=) (16%)

where U ts the mean wind speed and &(z, =) is again the vertical displacement of the streamline (11).
Substituting @ (16a), & (163), and §2 (13) into (13), the average wave stress for the gravity wave

solution with first-order lower boundary condition becomes

<) = JEADEFE) rorta)] [1 4 o) ] a7

where k = 2z/L is the horizontal wave number of a gravity wave. The wave stress at the ground
surface is obtained from (17) by using p, U, and N, at the ground level with 7 = 1. In (17), the
influence of the height of surface topography enters through the wave amplitude at the ground surface
hy and through the ratio 7{=). Recalling that the abave development is based on the conservation of
wave stress, {17) becomes invalid at the level where wave breaking occurs, which is the subject of the

next section.

2.1.5. Wave breaking and wave stress supersaturation

As the amplitude of a gravity wave increases with height, the flow modified by the =ave activ-
ity can become locally unstable, thus, limiting the maximum growth of wave amplitude (saturation
hyvpothesis; Lindzen, 1981). The major mechanism of wave breaking can be cither shear-driven Kelvin-
Helmboltz instability or convective instability. Thorpe (1973) cbserved in laboratory experiments that
disturbances begin to grow when the gradient Richardson number of the mean flow decreases below
0.25. Klemp and Lilly (1978) adjusted the Jocal flow with respect to the Kelvin-Helmholiz instability
criterion and successfully agpreximated the observed wave disturbance. On the other hand, Smith
(1977) and Lindzen (1981) have argued that the growth rate of perturbations by convective instability
is much faster than that by Kelvin-Helmholtz instability. As a possible result of this faster growth
rate, Delist and Orlanski (1975) observe well defincd convection in wave breaking regions in rotating
tank experiments. Pitts and Lyons (1990) also find convective overturning in numerical simulations of
stratified flow over topography. In the present study, the conveclive instability criterion will he used
to derive wave breaking conditions.

11




The saturation hypothesis (Lindzen, 1961) assumes that the maximuin slope of a wave streamline
will be limited by the onset of convective instability. Parameterizations of gravity wave drag by
Palmer et el (1986) and McFarlane (1957) assume that the amplitude of 2 saturated gravity wave
is determined by marginal hydrodynamic stability in wave breaking regions. On the other hand,
Smith {1977) and Lindzen (198S5) suggest that breaking gravity waves may maintain some degree of
convective instability in the wave breaking region.

\We will generalize the wave stress supersaturation theory of Lindzen (1988) to include vertically
varving mean flows for companson with our atmospheric data sets. Then the supersaturated wave
stress will be estimated for the wave solution with the first-order lower boundary condition. The cases
for the zero-order lower boundary condition or wave stress saturation condition can be recovered from
this result by neglecting the appropriate terms in the final result.

With supersaturation theory (Lindzen, 1988), the perturbation of a streamline is constrained by
the relationship

(g\ L (z) <1+ 5(:) (18)
where (06/8:)=22(z) is the maximum value of the quantity (36/3:)(z, =) <t a given level and 5(z)
is the degree of supersaturation at level . \When S(=) > 0, (18) implies reversal of the slope of the
streamline so that some degree of convective Iastability #s maintaired in the wave breaking region.
Wken S§(z) = 0. {18) reduces to the expression for the usual wave-stress saturation condition with
respect 0 the convective instability.

Lindzen {1958) estimates the degree of supersaturation $(=) by cousidering the balance between
the redaction of the wave amplitude due to wave breaking 2nd the growth of the wave amplitade due to
vertical variation of the mean flow. Lindzen (1988) also assumes a balance between the rate at which
the wave loses its energy to convective instability ard the rate at which the wave motion transports
energy into the wave breaking region. In the following development, we gencralize Lindzen’s {(1955)
approzch to includs vertically varying mean Bows.

The net percentage change of the mean-square amplitude of the wave due to wave breaking in
2 given laver. F(a), can be obtzined as a function of the Ralf xidtk of the ware breaking region o
anzlegous to Lindzen (1988; his equation 13)

F(a) = fla)s(a)- (19)

In (19) the reduction factor f(a) is defined as the ratio of the mean-square amplitude with wave
breaking to that without wave breaking. The amplification factor ¢{a) denotes the increase of the
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mean-square amplitude across the layer due to the height-dependence of the mean flow in the laver in
the absence of wave breaking. Assuming complete flattening” of the streamline by the action of wave
breaking alone, Lindzen (1988) estimates the reduction factor f(a) as (his equation &a)

(Es:l‘-’) - °+f(23il‘_') . c) cos2 8 d3

I(ﬂ) = j;.'xcng dﬁ

(20c)

where 8 = kx4 ¢(z) is the wave phase and £ is the horizontal wavenumber. Integrating (20q). f{a}
becomes {Lindzen, 1988; his equation §b)

= - a + 05 sin(2a)

-
-

fla) = {205}

The amplification factor g{a})® for the convectively unstadle laver of depth D is cbtained from
(13) and (14) as
#£:=+D) _ T(=+D)
83(=) 7(3)
where & and ¥ again are the mean-square amplitude (13) and the normalized amplitude {14) of the
gravity wave, respectively.
‘The amplification factor g{a} depends on the vertical variations of the atmospheric density, mean

gla) = (21)

wind speed and stratification. To make an analogy to the isothermal atmosphere with constant wind
speed where g{a) depends only on the vertical variation of the atmospheric density, we introdzce an
equiralent scale height H defined from local variation of the mean fiow. The amplification factor (21}
car: then be rewritten in terms of an equivalent scale height as

g{a) = P/, 2

The argument of the exponent in (22) is in terms of 1/H instead of 1/2H which appeared in Lindzen
{1933} because we are concerned with the growth of the mean square amplitude. Accordingly, 2
height-dependent equivalent scale height #7 can be determined from (21) and (22) as

_ D
T R+ D))

H (B)

2 The streamlines in the wave breaking regions will not be completely flat. Dunkerton (1939)
assumes linear slope while Lindzen (1958) does not introduce any particular shape of the stream-
line. However the amplificztion factor g{a) in (19) is cquivalent to assuming nonzero slope of the
streamline when computing the mean-square amplitude.

3 In Lindzen (1958), the amplification factor (his equation 12) is calculated for the amplitude while
the flattening f{a) (or the reduction factor; his equation 9) is calculated for the mean-soquare
amplitude. Henee, the current derivation is more consistent.
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For the case of an iscthermal atmosphere with constant wind speed, expression (23} for the equivalent
scale height reduces to the usual definition of the scale height for 2n isothermal atmosphere (RT/g).
If73(=+ D) < ¥°(=). H becomes ncgative in which case wave breaking does not occur and wave stress
is conserved (12). Using the equivalent scaie height (23), we can now follow the general procedure
presented by Lindzen (198S).

The depth of the convectively unstabie region D can be estimated from the shape of the sireainiine
disturbance §(z, z) and the half width of the wave breaking region a. Neglecting the first order term

in the expression for &(z, =) in (11), D simplifies to
. 3 3 - .
D =~ ph(z)|cos —2-::-§-a —cos|zT-ajl = Suh(=)sina (24)

where k(=) is again the amplitude of the streamline disturbance at = and 2 is a positive constant less
than unity which accounts for the reduction of the vertical propagation of the wave by convection as
proposed by Lindzen (1938). Using the normalized wave amplitude (14}, the depth of the convectively

unstable region D in {24) can be rewritten as
= 2uh(z)sina = Zphyi(z)sina. (25)

The constant p is esiimated by eguating the convective ime scale with the time scale for the vertical

propagation of the wave energy across the convectively unstable laver (Lindzen, 1988) as

LAY n _ (vEn)" 26)
BE=FN\zH] tay \3T) &t

Assuming that the wave breaking occurs in 2 region which s narrow compared to the horizontal
waveiength (@ << 27) and that the depth of the conveciively unstable layer is small compared to the
equivalent scale height (D << H), the net percentage change of the mean-square amplitude F(a) and
th= depth of convectively unstable laver D can be approximated by cxpanding sina, cosa, and ¢2/#
in {205}, (25), and (22) for small values of « and D/H to give

~ -2 ::) D\ _,.D_ 2 4
Fla) = (l 3Z° 1-5-” = l-i-" e (27)
where
. o
D = 2phgysina = 2phgy (n - —6-)- (28)

At an equilibrium state, the reduction factor f{a) balances the amplification fastor g(a) for the

mrean-square amplitede in the wave breaking region so that

Fla)=1 (29)
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where a. denotes the half width of the wave breaking region at the equilibrium state. This equilibrium
half width a, can then be estimated from (27), (28), and (29) as

_ 6phoy 2
e = (llho‘f + 21-'/=) (30}

where ;1 s given by (26).
Now {36/8=)ac- (or A in Lindzen, 1988) for a breaking wave can be obtained from the geometric
argument of Lindzen (1988; see his Fig. 1) as

s _ 1
3:)_... cosa.

{31)

Expanding cos a, for small ¢, in (31) and substituting p from {26) into (30), we obtain an approximate

expression for (86/0:)ze- as

88 . 3_ (=/OWEH[L .
),m Ut S EoEsELE + 1 2]
The degree of supersaturation, S(z) = (36/0=)mer — 1. is then obtained from (32) as
12
SE) = 3 (=/t)(V2H[3L) (33)

2(=/e)(H/3V2L)? + H'
The first term in the denominator on the right-hand side of (33), which is absent in Lindzen’s result.
comes from the new expression for the depth of the convectively unstable region D in (24). This term
is thought to be smaller than the equivalent scale height H. When this term is neglected, the degree
of supersaturation cstimated in the present study is simply a factor of V2 larger than that estimated
by Lindzen (1988). This differeace is due to the revised estimate of the amplification factor g{a) in
(22).

Having estimated the degree of supersaturation, we proceed to calculate the corresponding su-
persaturated wave stress. From the wave solution with first-order lower boundary condition (11), the

quantity 8§/0= becemes

The) = B [sinttz +4) + 252 stz + 9] (39
Expressing the wave amplitude A(z) in terms of the normalized wave amplitude (14), {34) becomes
(Smith, i977)
3 . h -
-Z—_(I, 2) = holoy [—— sin(kz+¢) + L;o-cos(ﬂ-z-!- 6)] (33)
where 7' represents the vertical variation of the mean flow defined as

= TXE (‘1-) " s i (p(-))""
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For the wave solution with zero-order lewer boundary condition, the second term in the square bracket
of (35) is omitted.

‘The maximumn value of 35/3= at height = occurs where sin(kx + ¢} = —1 and is obtained from

(33) as
o6 h -
(8) 0= oA
Relationships (36) and (37) imply that for a given wave amplitude, (35/2=)xq- increase as p and U
decrease with height and N increases with height. Using (37), the wave breaking condition (18) can

be expressed in terms of the vertical profile of the mean flow and the surface wave amplitude as
hote'(2) |1~ 252 cosd] < 14502 (35)

If the inequality (38) is satisfied for an arbitrary model layer, the wave stress is conserved and the
wave amplitude A(z) varies according to (14) across the layer. If the inequality (38) is not satisfied,
then wwave breaking occurs and the incident wave stress (17) at the bottom of the layer is reduced to
the supersaturated value at the top of the layer.

‘The supersaturated wave stress can be obtained from (17) as

(39)

n(2) = FEAUENE a1+ L]

where A, is the surface wave amplitude resulting from imposing the supersaturation condition corre-

sponding to equality in (3S) so that

hto? @) [1 - 252 cosg] = 14502 )

Solving (10) for the positive real value of A€, we obtain & as:

1+S

1- 3“7*2@4&] cosé<0  (418)
_ 1 2(1+S)
b, = Tacoso [l‘f‘J]———."——COSéJ coso¢>0 (41(:)

A real solution for k£ from (40) exists only for cosé < 7¥'/2(1 + S)- When cosé > ¥/2{(1 + S),
the contribution from the first-order lower boundary condition suppresses the wave steepening ensugh

10 prevent wave breaking and wave stress is conserved. Solutions for the zero-order lower boundary

condition are also given by (41a).
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In model calculations, the wave stress is computed from laver to layer beginning at the ground
surfzce. \When wave breaking does not occur, the wave stress is constant across the laver. When
wave breaking occurs, the supersaturated wave stress is computed from (39) and {41). To replace the
supetcaturation condition with the saturation condition, S in (41) is set to zero. Dropping the second
term in the square brackets of {39) and using (41a) for A.,, the supersaturated wave stress for zero-
order lower boundary condition is rccovered. Finally, the deceleration of the mean-floxr component

parallel to the low-level wind is obtzined as

v _ 10m, N
(—‘.-,7)3 =P 32)

The wave mementum flux profiles computed from this moedel for 6 and 25 March ALPEX are compared

with the observed wave momentum flux in the next section.

2.1.6. Modelled wave momentum flux for ALPEX

The wave momentum fluxes are now calculated from the wave momentum flux models with zero-
and first-order lower boundary conditions and wave stress saturation and supersaturation conditions
2s described in the previous section. The parallel wind component and potential temperature profiles
observed on 6 and 25 March in ALPEX (Fig. 1b,d) are used as the upstream conditions for model
calculations. In this calculation, the coastal range is treated as a two-dimensional. sinusoidal ridge
with a horizontal wavelength of 69 km. For the computation of the surface stress, the mountain height
ns in (10B) is estimated in terms of an effective mountain height taken as 500 and 120 m for 6 and 25
March, respectively, as will be discussed in the next section.

For 6 March, the modelled wave momentum flux decreases with height below the critical level as
a result of wave breaking (Fig. 5). This decrease with heizht is also observed from the actual aircraft
data (Fig. 5). However, the magnitude of the observed momentum fux increzses substantially as the
record is shortened to include only the inner region of strongest fluxes. Therefore the observations
cannol be used to discriminate betwesn the flux magnitudes of the different models. The direct
obscrvational evidence of wave induced convection shown in Section 8 will be stronger support for
the hypothesis of wave stress supersaturation. The divergence of the modelied wave momentum flux
corresponds to mean flow deceleration in the layer between 2.5 to 5 km at a rate of 18~3 m/s>. For
an inflow of Z0 m/s, the wind would then decelerate by roughly 4 m/s over the 88 km wide region of
such wave stress divergence.

On 6 March, the model predicts the maximum degree of supersaturation to be 18 % at the 3 km

above sea level (Fig. 7). The wave momentam flux estimated with the supersaturation condition is
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about 35 % larger than that estimated with wave stress saturation condition at 3 km level (Fig. 5).
For 25 March, wave breaking is not predicted by any combination of lower boundary conditions and
wave breaking conditions. The calculated wave momentum flux increases with increasing height for

all models in agreement with observations {Fig. 6, solid linc).

2.1.7. Effective mountain height

Calculation of the wave stress at the ground level requires estimation of the effective mountain
height.The actual displacement of the streamline near the ground surfacs is influenced by terrain-
induced disturbances such as the blocking of low-level flow (Klemp and Lilly, 1978; Pierrehumbert
and Wyman, 1986), the development of turbulent boundary layer (Pitts and Lyons, 1990), and the
formation of stagnant cold-air pools in topographic depressions. To take into account these effects,
Palmer et al. (1986) limit the value of wave amplitude at the ground level to 400 m cr less.

Based on two-dimensional model results, Stern and Pierrehumbert (19588) propose the effective

mountain height 5, to be

7. = min[m,c%] (43)

where 1y in this equation denotes the actual amplitude of the surface topography and ¢ is a constant
cstimated to be 0.4 - 0.8 in their study.

We estimate the effective mountain height 5. by equating the modcl-estimated wave stress at
ground level with the observed wave stress below the model-estimated wave breaking level sirice wave
stress is conserved below this level. Effective mountain heights of 500 m and 120 m appear to yield the
best agreement between the observed and model-estimated fluxes for 6 and 25 March, respectively,
although uncertainties in the observed values are large. Examples of the estimated wave momentum
flux with various 2ffective mountain heights are shown in Fig. 6 for 25 March. On this day the
observed flux profile is simple and the model predicts no wave breaking. Using the above values of 77,
and substituting the observed upstrear wind and stratification into (43), ti:e cocfficient ¢ in (43) is
predicted to be, perhaps coincidentally, 0.32 for both davs.

2.1.8. Upward turbulent heat flux in the wave breaking region

Comparison of the wave momentum flux estimated from the linear gravity wave models in the
previous section suggests that the difference between the wave momentum flux predicted by wave stress
saturation and supersaturation conditions can be locally significant. However, direct observational

verification of wave stress supersaturation in the atmosphere has not been previously established.
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One indication of wave stress supersaturation and convective instability is upward turbulent heat
flux. Tusbulent heat fluxes calculated for each flight level on 6 March show a well-defined region of
upward turbulent heat flux over the upstream edge of the coastal range (Fig. 8) located approximately
where maximum wave steepeming is expected.® The width of the upward turbulent heat flux region

is approximately 10-20 km depending on the aititude.

The occurrence of convectively driven turbulence can be seen from the horizontal variations of
vertical velocity and potential temperature in the composite of eddy structures sampled fr  the
upward heat flux region (Fig. 9). The 800 m wide samples are centered at the positive peaks ot the
Haar-wavelet transform of vertical velocity which is used to detect concentrated eddy-scale gradients
(Mahrt, 1991). The sclected samples represent about 80 % of the total record iength in the upward heat
flux region so that most of the record is represented. Similar structures with a factor of 2-3 smalles
amplitudes occurred at the 3.7 and 44 km levels. In the composited structure, temperature and
vertical velocity are almost exactly in phase (Fig. 9) which corresponds to well organized convection
and efficient upward heat flux. This convection is consistent with wave stress supersaturation with
respect to convective instability.

The estimated magnitude of turbulent heat flux generally decreases with height and vasies with
the cutoff wavelength for the high pass filter. The upward heat flux at the 3.3 km level reaches a
maximum for a 1 km filter cutofl wavelength (Fig. 11). Therefore motions smaller than 1 km are
regarded as turbulence scale disturbances. The vertical profile of the heat flux calculated from 500 m
high-pass filtered variables is also presented for comparison (Fig. 10).

\We now attempt to formulate the upward turbulent heat flux in the wave breaking region using a
flux-gradient relationship and the wave stress supersaturation condition. The purpose of this formu-
Iation is {0 document the plausibility of the wave stress supersaturation condition for wave breaking
rather than provide a practical tool for modelling.

The upward turbalent heat flux in a wave breaking region will be estimated by assuming a

relationship between the turbulent flux and the local wave-modified gradient of the mean flow so that

we =~ K% (49)

where K is the eddy diffusivity for heat and 8 is the total potential temperature modified by wave

* The upward turbulent heat flux shown in Fig. 10 occurs approximately in the cloud-free region
reported by Smith (1987) and, is thexs ot due to latent heating.
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activity. When the wave stress is supersaturated, 89/3= in the wave breaking region is estimated by

o 3 86 a0 ] :
3 E(’ - (E)m) ==%% “3) :

where © is the mean potential temperature (not modified by wave activity) and S is the degree of

I
R

supersaturation given by (33). In (45), n.nzero supersaturation (positive S) corresponds to convective
instability. With stronger stratification, wave breaking leads to greater convective instability.

The eddy diffusivity in the wave breaking region may be approximated as
2 {dV .
{ = L |— 46
k=~ e g t16)

where £ is the turbulent length scale for heat transfer and V¥ is the wind speed modified by wave
activity. In the wave breaking region, the turbulent length scale £, is presumably restricted by the
depth of the wave breaking region D givea by (28).

To estimate the wind shear in the wave breaking region, we estimate the minimum wind speed

u, due to the maximum modification of the flow by gravity waves as

u ~ U [1 - (g\ ] = -SU (47)

where U is the uninodified mean wind speed in the direction of the surface wind. Then, the maximuin
difference of the wave-modified wind speed AV across a depth comparable to the amplitude of the

wave streamline displacement is approximated as
AV = U - u. =(1+S)U. (48)

The correspending shear of the wave-modified flow in the wave breaking region can be obtained fram

(48) =s
LAV (14 SU
TRE) T OA()

(19)

dyv
[&

where A(z) 1s, again, the amplitude of the vertical displacement of the streamline and we have assumed
that the background mean shear is smali compared to the wave-induced shear.

Assuming the mixing length to be propertional to the depth of wave breaking region and using
the estimated wind shear {19), the eddy diffusivily 2 the wave breaking region may be approximated
as

T (0)




where Cx s a constant with expected magnitude less or equal to 1. From (26), (28) and (30). D* can

12 -\ 3
D? = a(%) k(-l,:—) (51)

Finally, the turbulent heat flux in the wave breaking rcgion can be estimated from (44). (43).

be estimated 0 be
where a = (22/3/3)2 ~ 997

{5%) and (51), tozgether with the degree of supersaturation S from (33) to be

o ) . -)
w'E = ChD h(:) Sd:-

{32)

Using Cx = 1, the model-estimated upward turbulznt heat flux decreases with increasing altitude
sinular to the observed fiuxes {Fig. 10). The decrease of upward turbulent keat flux with height resulis
mostly from the decrease of the depth of convection D with height. The comparison between mode!
results and the observations also suggests that the constant Cx; in {52) 15 order of unity.

A wide region of downward turbulent heat flux occurs at the back of the wave immediately
downstream from the narrower nigion of upward turbulent heat fiux {Fiz. 8). The upward a2nd
downward heat fiux approximately cancel each other when averaging over the entire zecord. The wave
scale heat flux is also small when averaged over the entire record at different levels. As a result.
the total wave and turbulent heat flux and its influence on the mean stratification appe=rs to he
small for this day. Similar results are obtained by Deliei and Orianski (19753 and Denkeston (3952)
from rotzting tank experiments. In addition, the turbulent momentum flux Is one or two orders of

magnitude smalier thae the wave momentum flux. Thus the transport of mementum by gravizy waves

appears to be tf e primary vertical trensport mechanism for the two flow cases studied here.

2.1.9. Conclusions

\We have studied two distinctly different atmespheric floxs cver the coastal ranre of Noithein
Yaugoslavia with aireraft measurements collected during ALPEX. On 6 March, steepening and breaking
of orozwapkic gravity waves occur, 2nd the wave mementum flux decreases with increasing height balow
the critical level. Deceicration of the wind component parallel to the surface wind due to this wave
stress divergence appears to be about 9 x10™% ms™2, a value comparable to the magritude of the
Ceriolis term iz momentam cquations. On 25 March, low-level wave breaking docs not occur 2ad the
wave moneatum flux increases with height. On both dazs the region of wave activity is 68-70 ky
wide ccinciding with th- width of the undeddying coastal range.

The xave momentum flux estimated from the linear gravity wave moded agree with the observed

save monatum flux on both davs. The wave momentum: flux with the first-ocder lower houndary
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condition is 20 to 30 % smaller than that with zero order lower boundary condition. The generalized
wave stress supersaturation condition predicts 20-40 % :nore wave stress on 6 March cony «d 1o
apphication of the wave stress saturation condition. However, the difference between these models mey
not he significant compared to uncertzinties of the fiux computed from observations and uncertainties
in model-input variables. The estimated effective mountain heights from the observations agree with
the formulation suggested by Stern and Pisrrebumbert (1958).

The region of observed upward turbulent heat fiux on 6 March, 10-20 km wids, contzins well
defired convective eddies on the turbulent scale. These eddics provide evidence for wave stress super-
sa2taraiion with respect to convactive instability. Tke vertical profile of tire observed upward turbulent
fieat flux can b= approximated by a flux gradient relationship bated on the mixing length and vertical
shear derived from the generzlized supersaturation theory. However the net turbulent heat flux over
the 2ntire fight path appears to be sinzll due to canselation beiween the upward flux in the con-
vectively unstable region and downward heat fic at the back of the wave. Therefore the turbulenmt
heat fiux may ot sizaificantly influsnce the mean stratification at (ke wave treaking level in agree-
ment with the stodies of Dedist and Orlansk: {1973), Fritts and Dunkeston (1283), and Dunkerten
11289}, The spatiaiiy averaged transpest of keat by wavescale motices and transpost of momentum
by terbulence 2lso appear to be smail compared to suspecied s2mpling problems. Therefore vertical
trzaspest of mementum by gravity waves s the prizciple mechanism of vertical tzansport for beth of

the flow regimes studred here.

W= nezlected tirce dimensiseality of the ground topography which could kead to overestimation

of the =ave momentum Rux (Bizmen 2nd McGregor, 1975). Nappo (1591} fcund that wave stress
ver an idealized thaee dinensional topozraphy s 2bout half of that over two dimensional topography
with the ome amplitude and wxidth. flowever, the detailed infloznce of the three dimensionality
=ili depend upon the r2tic beiwezn the abong.rids: snd Goss-ridge length scaies {Pierrckumber:
ané Wryrnan, 1986). Applicaticn of the =ave momentum flux SHrmmulation to numerical models nesst
2lso secegnme that subzrid-scale topography generally includes mouatains with 2 variety of effeclive
mountain heighis and horzontal scales which vary accatding to the geograpkical location and gid
size. Application of the gravify wave mamentum: flux fornmlation to numericsl models =Ko reauires
compatibility with the formulation of the planetary boundasy laver (Pilts and Lyins, 1530). Such
application may include generation of critical lkevels in she stabls Ssundary laver (Nappo. 1691) whid:

prevents mepagation of gravity waves ont of the boundary Iezer.
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Figure legends

Fig. 1 Vertical profiles of &, v, the wind component paraile] to the surface wind 15, and 8 from the
sadicsonde over Zagreb, Yugoslavia at 1200 LST on 6 March 1982 (ab), and at 0900 LST oz 25
March 1652 (c.d) obtained by averaging the soundiags at 0600 and 1230 LST. Heights are with
respect to sez level.

Fig. 2 Detrended observed u, w, and € at the 3.3 km level on 6 March and topography height. The
mean flow Is northeasterly 2nd directed toward the left.

Fig. 3 Vertical velocity variances of the 10-80 km band-pass filtered data (top) and the 1 km high-pass
filtered data (middic) chsersed on 6 Masch at the 3.3 km level. The mean flow is northeasterly
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and directed toward the left.

Fig. 4 Observed wave-scale momentum flux vectors (thin arrows) and surface wind Vp (thick arroxs)

for 6 March (a) and 23 Marck (b).

Fiz. 5 Obsarved momentum fux from the 10-88 ki band-pass filtered variables (open circles) 2nd
modzl-estimated wave momentum flux (lines) on 6 March 1582 with the zero-crder (F0th™) and
first-order (F1st™) lower boundary conditions 2nd wave siress saturation ("SS”) and supersatu-

ration (7SS7) conditiops.

Fiz. 6 Observed momentum flux from 10-80 km band-pass variables {open dircles) and model-

estimated wave momentum fluxes for different effective mountain heights (lines).
Fig. 7 The degree of supersaturation estimated for 6 March.

Fiz. 8 A schematic diagram of the isentropes {afier Smith, 1957) and the regions of downward (shaded
with lines) and upward (shaded =ith dots) turbulent heat fiux obscrved on 6 March.

Fig. 8 The composiiz of w(dashed line) and 9 (solid line) from <ampled events in the upward turbulent
heat flux region 22 the 3.3 km level on 6 March.

Fiz. 10 The upward turbulent keat flux from high-pass filtered variables with cutoff wavelengths 500
m {cross) and 1 km (open circles) on 6 March and mode! predicted fiax profiles (52).

Fig. 1! The turbulent heat fiux for different high-pass filterlengths in the upward turbulent heat flux
region 2t the 3.3 km leved oa 6 Maich.
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Chapter 2.2
Turbulent Transport in the Free Atmosphere

and very stable Nocturnal Boundary Layer

2.2.1. introduction

Previous studies suggest that 2s much as 25 % of the dissipation of atmospheric Ginetic energy
occurs through clear air turbuleace 1 the mid- and upper troposphere {T¥e<k ef al, 1977). Turbulence
in the free atmesphere is usvally found in thin and isolated regions of large veticai shear and horizontal
temperature gradient, and small Richasdson number. Such regiona zee frequently found near the jet
stream: and internal fronis (Kannedy and Shagive, 1975). Cicar air turbalence is also induced by
smaller scale atrmospheric perturbiatisns such as breaking gravity waves 2nd roil veriices (Asles el cl.
1970}. Turbulent mixing may occur systematicaily in the residuad lager, = weakly stratified remnant of
the daytime mixed Iayer above the nocturnal boundary layer (Stull, 1598). Observational (Lenschow
¢! al., 1657) and numcrical (And:€ of ol, 1978; Garrast, 1883; Stufl and Driedonks, 1987 studizs
tndicate shear-diiven turbulence at the top andfor boltem of what appears to be 2 residual laver.

Turbulence is citen intermitient in the upper part of the surfrcs inversion laver. 2ad seems to be
generated by local shear not dircetly relzted {6 the surfacs stress (Mahii, 1883). Such turbulence may
propagate dowaward in tize form of turhulent bursts (Nappo, 1521). Cansevently, models based oa
boundary laver similarity appear to poorly deszribe the very stable cxe.

The medelling studics of Louts ef cl. {1331} shew that ciaaging the turbulence pare neterization
can significastly aiter simulated large scale fows. Despite this importance, turbulent mixing in the
free 2tmosphere has raceived much kess ttention compaied to ke sarfare-based boundaryv-laver Op-
crational prediction of atmmospheric dear dr turbuicace wnmetimes requires the Zradient Richardson
rambes 0 be less than upily (Keiler, 1920) o7 Ir<s than some other eriiics! value. Soipe evidence
can be extracted from lavers .0 fres turbcisnce ia laberators and ccoznic stratified shear fiows {sce
Fernande, 1931a for a review). For example, Iadoratory experinpents gonerally zupport the gradient
Richardson number criterion for the onset 6f tatbulense {e.g . Thorpe, 3973). Howeves, the critical
value of the Richardson nandes may incozase with the depth of the fayer over which it 3s computed
fLyons ¢ &L, 19€4). Even witk large values of the Rickardsex aumbter o the resolved Zow, the
Richardson number on smaller scales may becomee suffidently smali (o initiate turbulence {Padman
and Jones, 7983). In addition, values of the fuxys dipend on the range of scales incuded in the
stimation. For example, the clear air flux wives repoitad by Keunedy and Shagiro (1950) inciude
scales up to severzl hundred kilometers and therefore snciude molisns with physics quite different
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{rom that of turtuleace.

In this study, seventeen aircraft slant soundings oblained oa 6, 7, =nd 21 May 1983 in CABLE
{Clear Air Turbulence and Boundary Layer Experiment) and 2izht soundings and one borizontal lzg
obtaised on 6 May 1579 in SESAME (Severe Environmental Storms and Mesoscale Experiment) are
analyzed to cstimate the turbulent fluxes above the boundary laver znd their relationship to the
Richardson number. Based on analyses of this data, we aticmpt to formulate the eddy diffusitities
in the free atmosphere in terms of ihe turbulent length scale and tie eddy Prandt! number {Section
3). In addition turbulcs: mixing lengths 2nd eddy Frandt] aumbess are estinated for 5 and 7 May
SESAME from the composite fluxes and meaz flows presented in Mahrt (1933) and Lenschow ef el
{1987). In Section 4, the resulting expressions for the relaticaships of the mixing length and the
Pra=dil numbsr tc tie gradient Richardson number are compared 2gainst those ruggested by Louis
et cl i398?) and these used in the medium renge Zcrecast model at the .S, Nationa! Metestologica!
Center {XMC. 1988). ia Section 5. ihe infleence of tuvkuieat mixiug o2 the evolution of low-level
fow is studied using a column model with emphasis oz the evointion of U2 residual Iayer 2bove the
nocturzal boundary laver.

2.2.2 Data

This stedy analyzes data obtained from 5 May 18583 in ZABLE whers the NCAR King A'r fles
from 0600 to 1000 LST in the east-wesi direction over western Kansas {Fig. 1=). The beandary layer
was undergoing transiticn from the racturnal surface Inversion laver 2l the beginning of the fiight
10 th2 mixed fayer at the end of the observation. Lavess of turbulence occurred above the thin but
growing beundary laver. Fiights on 24 May 16533 in CABLE extended from Ollahoma Cisy to over
the Gulf of Mexito during the period from 1630 to 1200 LST. On this day, clear air surbulence occurs
apgproximately 3 km abeve the sea surfece (Fig. 1b). Based on the isentropic anzlysis (Fig. ib), this
turbuiznce apparently occurs in conjunction witk mesoscale disturbancs.

Data on § May 1979 in SESAME were takex in and above a windy, weaklv stabls noctamnal
bouzdary larer over central Qklahoma {Lenschox ef al, 1957). Arnalyses of furhulence above the
surface inversion laver on 5 May in SESAME by M=art (15535) and near the top <f the vesidual laves
oz 7 May in SESAME by icnschow ef al (19%7) 2re also used te compute mixing lengits and the
eddy Prandt! number.

After high-pass filtering the aircraft data to partially semaove gravits waves onnd other larger scale
disturbances, heat and momentum fraxes and the vertical veiocily variances are calcalated. Based on

cespecira, the cutcff wavalength for ke high-pxss filtering i= appracimetely 1 km for 5 and 24 May
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CABLE and 6 May SESAME. Examples of vertical profiles of potential temperature and variance
of high-pass filtered vertical velocity from CABLE 24 May over the ocean are presented in Fig. 2.
The observed clear air turbulence is separated from boundary layer turbulence by a layer of relativels
small vertical velocity variance {Fig. 2). The bottom of the ncar-quiescent laver coincides with the
capping inversion 2t the top of the boundary laver as can be scen from the potential temperaturs
profile (Fig. 2). Elevated maxima of downward turbulent heat flux also appear in the same layers as
the vertical variance maxima. The variance of the high-pass filtered vertical velocity in the patches of
clear air tusbulence corresponds 1o a root-mean-square vertical veloaty of 10-69 cmfs for the CABLE
cases and 530 cm/s for SESAME 6 May. The magnitude of the vertical velocity associated with the
stronger updrafts and downdrafts is usually an order of magnitude larger than the root-mean-square
vertical velocity.

The vertical profiles of the mean flow are estimated from slant soundings by block-averaging the
rax data. The depth of the averaging interval is typizally 50 m and is determined for each leg based
on 2 subjective assesstnent of natural lavering and also based on the aircraft ascent or descent rate
and the need to reduce the contamination by horizontal vanability due to mesoscale motions. To
obtain the mean values at the levels corresponding to the top and bottom of the tusbulent laver. the
averaged variables are interpolated with cubic splines.

Tle gradient Richardson numbers calculated for the turbulent layers vary from 0.2-1.0 while those
calculated outside the turbuient layers are ssually larger than 1.5. In a few exceptions the gradient
Richardson number drops to about 0.6 in a quicscent laver. When the block-averaging intervals were
increased by a factor of two, the resulting gradient Richardson ruumbers changed by an average ameunt
of approximately 50 % with no preference for the sign of the changes.

2.2.3. Eddy diffusivitics and the eddy Prandtl number

In this section, we construct an empirical formalation for the eddy diffusivity in the free atmmo-
sphere in terms of the large scale stability based on the gradient Richardson number. The gradient
Richardson number is approximated by the layer Rickandson namber (R ) computed across the bulk

turbulent laver as

_ 3364as

where g is the acceleration of gravity, A0 is the difference of the mean potential temperature across
the turbulent layer of the thickness Az, © i the mean potential temperature of the laver, and Al i«
the magnitude of the wind vector differcuce across the laver. We express the eddy diffusivity for heat
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(Ka) and momentum (K ) as

7
Ko = KiPr (25)

where £; is the turbulent mixing length for heat and Pr is the eddy Prandtl number assumed to
be dependent on the Richardson number. These dependencics on the Richardson number will be
estimated from the observations. Horizontal velocty fluctuations and assocated momentum flux
are complicated by pressure Juctuations while temperature fluctuations are not. Therefore we first
establish the formulation of the eddy diffusivity for heat and then estimate the eddy diffusivity for
momentum from the dependence of the eddy Prandt]l number on the Richardson number.

First we compute ed4+ diffusivities from the observed turbulent fluxes and vertical variation of

the mean flow as

.
K = —3673= (3a)
K.  _EwaU[d:) + T(0V/[a:) -

(oU/a=)* + (V[a=}
where primed variables denote the high-pass filtered variables and the overbar designates an average.
The mixing length (£3) can be obtained from the eddy diffusivity for heat (3a) as
& = g @
Estimated values of the mixing length decrease rapidly with increasing Richardson number in the
range 0 < i € 04, then decrease more slowly for Ri > 0.4 (Fig. 3). The dependence of the
ostimated mixing length on the Richardson number shows less scatter than the dependense of the
cddy diffusivity on the Richardson number (not shown) even though the mixing iength is computed
from the eddy diffusivity. The mixing length for momertum (not shown) <hows more scatter than
that for heat.
We will represent the mixing leagth in terms of an asymptotic mixing Jength at neutral stability
& a. a5 in Blackadar (1962), and a nondimensional function of the gradient Richardson number ¢, (R7)

so that
G(Ri) = Lade(Ri) )
The nonlincar least-squares fit of the observed mixing length viclds i = 5225 m for 61 (Ri) given by

—R SRS - -
Su(RD) = < + ?:;;I(Rx-!-l(l)- )
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The first term in (6) represents the rapidly decreasing part of £, for the range 0 < Ri < 0.4 while
the sccond term in (6) represents the more slowly decreasing part of £ for the range Ri > 04. A
similar two-regime relationship between Ri and the bulk dimensionless drag coeflicient, which is the
boundary layer equivalent of ¢° in (3). is obscrved by Mahrt (1957). Due to the lack of data for small
Richardson numbers (Hi < 0.2), somne uncertainty is expected in the estimated asymptotic mixing
Iength. Asymptotic mixing lengths used in nrevious paramcterizations of turbulent mixing in the
free atmosphere arc usuaily specified to be scveral hundred meters (Louis, 1979; Louis ef oL, 1851:
NMC, 1953). However, such values are based on desired overall model performance instead of direct
observations of clear air turbulence. In actual clear air turbulence, the asymptotic mixing length may
depend on the vertical distance from the top or bottom of the turbulent laver. The estimated mixing
lengths are typically an order of magnitude smaller than the thicknesses of the turbulent layers.
However, the mixing lengths and Richardson numbers do not show a definite relationship to the
thickness of the turbulent layers in contrast to ncar equilibrium turbulence in laboratory experiments
{Fernando, 1991b). In geophysical free turbulence lavers. equilibrium may be prevented by continual
modification of the mean shear by the turbulence.
‘Tke eddy Prandt] number is estimated from the observed eddy diffusivities (3a.b) as

Pr = e (7)
The defendence of the Prandt] number on the Richardson number (Fig. 4) shows considerable scatter.
cspecially at Richardson numbers greater than 0.4, The large scatter is partly due to the scatter in
the eddy diffusivity for momenturn and the usual problems with statistics of ratios. Furthermore, the
observed fluxes may be contaminated by large sampling problems particulariy with slant scundings.
The cstimated Prandtl namber increases with increasing Richardson number which implies that the
contribution of the pressaure fluctuations to the vertical transport of hotizontal motmnentum becomes
moze imporiant as the stability of the mean flow inczcases. Increasing Prandtl number with increasing
Richardson numlrer has also been observed in various laboratory experiments (Aryz, 1975; Mizeshina
ol el 1978; Webster, 1964; Rohr cf oL, 195S) and seerns to be suggested by the atmospheric observa-
tioes of Merrit and Radinger (1973), Wittich and Roth (19§1) (Fig. 1), and Kondo of al (1978).

The cddy Prandt] numbers estimated from the present analyses are roughly approximated with
a least squares linear fit to the gradient Richardson number (solid line, Fig. 4) as

Pr(Ri) = 15 + 303 Ri. 8)
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This reiationship predicts the Prandtl number at neutral stability to be 1.5 which is larger than some
previous laboratory experiments which suggest Prg == 1 {e.g. Arva, 1975; Mizushina ¢t al, 1978).
A nonlinear fit to the data predicts a value of Pry closer to one, but a fit more complex than linear
cannot be justified with the limited data and large scatter. \When Pr = 1 at Ri = 0 1s forced, a linear
fit of the current results vields a slope of 3.84, instead of 3.08 in (8) (dashed line in Fig. 4). In the

sinmulations of Section 3, we use (8).

2.2.4. Comparison with the other clear air turbulence model

Dae to lack of observational evidence, parameterizations for turbulent mixing in the free atino-
sphere have been based on boundary laver similarity relationships with constant asvmptotic mixing
kength. However, clear air turbulence is not directly influenced by the underlyving surface so that the
stability dependence computed from actual data (6) may be different from those based on observations
in the susface laver. The current model (5,6) will now be compared with mixing length formulations
from Louis ef el (1981) and NMC (1988) for free atmospheric mixing in operational models.

The nondimensional function of the Richardson number in the Louts model, f;, which is equiva-

lent to 63 in (3), is given as
Ju(Ri) = [1 + 15 Ri(1 +5 RV (%)
and that for the NMC model, fx., as
fx(Ri) = [1 + 5 RFM? (9%)

Tke nondimensional functions g (Ri), fL(Ri), and fx(Ri) all decrease with increasing Richardson
numbez, but fx(Ri) and f(Ri) decreases more slowly than ¢4 ( Ri) based on the current observaticns
{Fig. 5). Therefore, for a given asymptotic mixing length, the present formulation will predict smaller
eddy diffusivities than the NMC and Louis models.

The eddy Prandt] number for the Louis model is obtained from (1a,d), (3), and (7) as

_ & o Gm J2(RE)
Prifi) = gk = G, () a0

where {m. {ops. and fr, are the mixing length, the asymptotic mixing length, and the nondimensional
function of the gradient Richardson number for the turbulent momentum flux, respectively. Defining
a new dimensionless function of the gradient Richandson numbier F(Ri), {10) becomes

Pr{Ri) = ProF(Ri) ")
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where Pry is the eddy Prandtl number at neutral stability and is expressed as

G

Prg = ——. (12)
G

\We can obtain F(R?) from fa([i) and fo(117) given in Louis el al (1981) as

_ fA(R) _ 1+15Ri(1+5Ri)V?

F(ri) = JZ(Ri) ~ 1+ 10Ri(1+5Ri)-/*"

(13)

Based on the sensitivity tests with large-scale models, Louis ef al. (1951} suggest asymptotic mixing
lengths of 150 and 450 m for the momentum and heat transfer, respectively, corresponding to Prg =
1/9. much smailer than implied by previous observations. However. such values of asymptotic mixing
lengths are quite uncertain so that, for the comparison only, Pr = 1 at Ri = 0 is assumed for both
the Louis model and the present model. NMC (1988) assumes that Pr = 1 for stable stratification.

The eddy Prandt] number calculated from the Louis model (dashed line, Fig. 6) increaszs almost
lincarly with increasing Ri, but faster than the current formulation (soiid line, Fig. 6). \While the
difference between the two formulations may not be significant compared to the large scatter in
the data, both relationships predict that the Prandtl number becomes large, 5 or greater for strong
stability. Thercforc equating the eddy diffusivity for momentum to that for heat in stably-stratificd
conditions, as in the NMC model, will scriously underestimate the momentum transport for large
stability.

2.2.5. Turbulence in the free atmosphere: Column model simulations

The influence of clear air turoulence above the nocturnal boundary laver is now investizated
using a one-dimensional numerical model with the current eddy diffusivity formulation (2a.8) based
on the stability dependent mixing length (5-6) and Prandtl number (8). Turbulent mixing in the
boundary laver is calculated from the model of Troen and Mahist (1936) except for sped;l modifications
developed in Subsection ¢. Additional features of the column model are detailed in Ek and Mahrt
(1990). This model is designed for use within large scale models where simplicity and economy are
required.

To climinate spurious incrtial oscillation in the free atmosphere, the initial wind profiles are
specified to be geostrophic above 200 m and decrease linearly 1o zero at the sutface. In the experiments
presented in Subsections a - ¢, the mean vertical motion is spedficd to be zero, and the geostrophic
winds are assumed to be time- and height-independent at all levels with a value of 3 m/s.

a. Diurnal vaniation
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The model simulation is governed by the growth and decay of the mixed layer and attendant
inertial oscillation. As a result, the nocturnal lower atmosphere evolves into three distinctive layers
consisting of the nocturnal boundary layer, residual layer, and free atosphere (Fig. 8a) as also occurs
in somewhat different form in the observations of Lenschow et al. (1987) plotted in Fig. 7.

The daytime mixed laver begias to collapse at 1700 solartime and yields to a nocturnal boundary
laver which is a few hundred meters thick. A residual laver of weak or near zero stratification remains
between the top of the nocturnal surface inversion laver and the inversion corresponding to the top of
the pre-existing davtime mixed layer (Fig. 8). Modelling studies of André cf el (1978), Garratt and
Brost (1981), Garratt (1985). and Stull and Driedonks (1957) also show the survival of the residual
layer during the nighttime. The weakly stratified layer observed above the surface inversion laver in
the early morning of 7 May 1979 in SESAME (Fig. 7) may be an observaticnal example of the residual
layer. Weak stratification observed above the nocturnal boundary laver in André cf al. (1978), Mahrt
el al. (1979), Hsu (1979), Estournel ef el (1956), and Stull and Driedonks (1957) may be additional
cxamples.

Following the mixed laver .ollapse and development of the inertial oscillation and low-level jet
{Buajitii and Blackadar, 1957; Beyrich and Klose, 1988), significant vertizal shear of the mean flow
develops at the top and bottom of the residual laver (Fig. 8a). In actual atmospheric flows where
the geostrophic wind varies spatially, convergence induced by inertial oscillation leads to damping by
pressure adjustments {Smith and Mahrt, 1981) and would presumably limit the speed of the low level
jet. These effects cannot be included in a column mod<l.

b. Turbulent diffusion in the free atmosphere

By the catly moming, when the modelled low-level jet reackes its full strength, the eddy diffesivity
occurs with two distinct maxima above ‘he boundary laver; one located immediately above the low-
level wind maximmum and the other in the shear laver near the top of the residual layer (Fig. 8b). A
local turbulence maximum near the top of the residuai iayer aiso occurs in the carly moming profile
of the turbulence kinetic energy profile on 7 May 1979 SESAME (Fig. 7) and in the model results of
Andsé cf el (1978) and Garratt (1935). An inferred maximum of turbulence near the low-level jet
kas bren observed by André 2nd Mahrt (1962) and occurs in the modelling studies of André ef ol
{1975) and Garratt (1955).

The modelled clear air turbulence reduces the mean shear near the top of the residual laver but
15 otherwise unimportant for this flow case. The potential temperature in the residual laver remains

well mixed throughout the night and momentum remains partially mixed. As a result the Richardson
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number and eddy diffusivity are sensitive to slight changes of the mean profiles and can even be altered
by changes in the time step; however, the resulting turbulent fluxes are categorically small for these
cases and have little effect on the mean flow.

Fig. 7 and previous observations indicate that the residual layer often develops some stratification
during the night even if weak. The failure of the model to develop such stratification may be due to
underestimation of mixing or neglect of clear air radiative cooling, horizontal advection, the influence
of baroclinity (Subsection d), and mean subsidence (Subsection €). Important clear air radiative
cooling was inferred from observations for the lower part of the residual layer in Andié and Mahrt
(1952) and occurred in the modelling study of Garratt and Brost (1381). Asymptotic mixing lengths
of several hundred meters are usuzlly specified for large-scale numerical models (Louis ¢f al 1981:
NMC, 1988) which would produce an order of magnitude larger eddy diffusivity than that estimated
from the present observations. The previous model mixing lengths are based on model performance
rather than observations and may attempt to include subgrid vasiability of turbulence (Marvon, 1990}.
The present analvsis of observations includes fluxes on hotizontal scales up to 1 km only and docs
not explicitly include gravity wave induced turbulence nor direct transport of momentuin by gravity
waves. However application of large mixing lengths of several hundred meters in the present column
model still fails to stratify the interior of the residual laver.

<. Turbulence in the upper part of the nocturnal boundary layer

Models based on boundary layer similarity theory appcar to adequately approximate the weakly
stratified boundary layer, but pootly descrite the very stable boundary layer. Boundary laver similar-
ity thoory is based on the assumption that the vertical length scale of large boundary laver eddies is
related to the depth of the boundary laver and height above the ground. In the very stable boundary
laver, vertical movemnent of air is restricted and the turbuicnt eddies can not extend ove: the entire
depth of the boundary layer (Nicuwstadt, 1981) sometimes leading to only intermittent turbulence
{Kondo of 2f, 1078). For oxample, ths Lrmulation for the stable boundary layer used in the current

model fails to represent the effect of significant shear in the upper part of the nocturnal surface in-
version layer associated with the overlying low level jet. In particular, the noctarnal boundary layer
may assume an upside down structure with the main source of shear generation occurring near the
top of the surface inversion layer (Mahrt, 1985).

The Jocal scaling mode! of Nicuwstadt (1984) provides more flexibility but requires the flux to
vanish at the top of the boundary laver and cannot accommodate the case where shear at the tog ¢f

the surface inversion layer s 2 principle source of turbulence. In an attempt to inclade Jocal gener-
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ation of turbulence in the upper part of the nocturnal boundary layer, the current free atmospheric
mixing mode] is now merged with the modelled nocturnal boundary layer. It is arbitrarily assumed
that boundary layer similarity is alwavs valid in the lower 30 % of the stable boundary laver. The
current boundary layer model predicts maximum eddy diffusivity at approximately 0.3h where h is
the boundary layer depth. The merged model allows local shear generation of mixing to override the
conventional boundary layer prediction in the upper 70 % of the modelled boundary layer if the local
prediction of the eddy diffusivity (2, 5, 6) is greater than the boundary layer prediction.

The asymptotic mixing length £o & in (3) is not allowed to exceed k= for the local eddy diffusivity
formulation where k is the von Karman constant assumed to be 0.4 and = is the height above the
surface. That is, free eddies in the stable boundary layer attempting to become larger than &z would
become constrained by the surface. Unfortunately there are no observations to study the development
of turbulence from elevated shear layvers which subsequently becomes influenced by the ground.

The eddy diffusivity estimated by the local prediction significantly exceeds the eddy diffusivity
estimated from the beundasy laver similarity theory late in the night when shear near the top of
the surface inversion laver becomes significant. As a result, the maximum eddy diffusivity in carly
morning occurs in the upper parst of the nocturnal boundary layer {Fig. 9a) as alsc occurred in Mahrt
{1985). For the present numerical experiment the locally generated turbulence reduces the low level
wind speed maximum by 10 % but otherwise excrts negligitle influence on the mean flow (Fig. 9b). As
the specified geostrophic wind speed decreases the influence of ocal turbulence generation increases.
That is, the modelled local generation of turbulence in the stable boundary becomes more importazt
when turbulence in the boundary layer is weak.

d. Baroclinity _

Mecan shear and generation of turbulent mixing in the residual layer may be enhanced by barodlin-
ity of the large-scale flow. As an example, the influence of geostrophic wind shear on the generation of
turbulence is iested by specifyving the geostrophic wind to increase lincarly from 4 m/s at the ground
io 8 m/s at 2 km above the ground. Hocizontal advection of temperature implied by the geostrophic
wind shear is neglected.

With the imposed geostrophic wind shear, local generation of turbulence in the upper part of
the nocturnal boundary laver ssnooths the potential temperature profile and reduces the speed of
the nocturnai jet by about 20 % (Fig. 10ab). The nocturnal boundary layer is warmed by the
local mixing. The 20 m temperature is abeut 1.5 deg C warmer when Jocal mixing is included in
the upper part of the nocturnal boundary laver (Fig. 10b). Overestimation of surface cooling has
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heen a systematic deficiency of boundary layer models applied to very stable conditions (Ruscher,
1987). Consequently the modelled heat flux from the free atmosphere to the stable boundary laver by
inclusion of local shear generation may allow removal of artificial constraints in low resolution large
scale models. Such constraints include specification of a minimum low-level wind speed (NMC, 1988)
and limitation of the influence of stratification on the surface exchange coefficient (M. Schlesinger and
T. Scholtz, personal communications). However, the enhanced mixing due to baroclinity still fails to
stratifv the residual laver. Unfortunately the present observations do not allow adequate estimation
of the geostrophic wind shear to test the column model. The importance of mean vertical motion is

discussed in the next section.

c. Large-scale subsidence

As an cxample, the influence of large-scale subsidence is studied by arbitrarily specifying the
mean vertical velocity profile to be -2.5 cm/s at 3 km and to decrease lincarly to zero at the ground.
The numerical simulation is otherwise identical to that of Subsection a.

The vertical advection of potential temperature due to subsidence generates some stratification
in the residual laver (Fig. 11) and reduces the thickness of the residual laver to less than one haif of
that without subsidence. These results suggest that subsidence may be an important mechanism for
stratifving the residual layer. However a major difficulty for comparing the modelled residual laver
with observations now emerges. The depth of the residual laver is sensitive to even modest values of
subsidence yet subsidence cannot be accurately estimated from ohservations.

2.2.6. Conclusions

Turbulent fluxes, mixing lengths, and eddy diffusivities in layers of clear air turbulence have been
cstimated from aircraft data obtained during SESAME and CABLE. For small positive values of the
gradient Richardson number, the eddy diffusivity and mixing length decrease rapidly with increasing
gradient Richardson number. The eddy diffusivity and turbulent mixing length decrease more slowly
at larger values of the gradient Richardson number. This obserred mixing length is significantly smaller
than th * previously used to model clear air subgrid scale flux in large scale models. The observed
turbulent Prandt] number tends to increase to values significantly greater than unity with increasing
Richardson number although the scatter is large. This indicates that pressure fluctuations enhance
the momentum flux at large stability.

Based cn the data analyses, this study has constructed a similarity formulation of the s_ability
dependent mixing length and Prandtl number for the free atmosphere. This formulation is applicd to
a columa model sufficiently simple for usc in large scale models. During the night, weak turbulence
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develops at the top and bottom of the residual layer due to shear associated with the inertial oscillation
and nocturnal low level jet. The residual layer is located above the thin nocturnal boundary layer
and is a remnant of the deeper d=ytime boundary layer. Large scale subsidence significantly reduces
the thickness of the residual layer during the course of the night.

The current formulation for locally generated turbulent mixing is allowed to override the boundary
layer scheme in the upper part of the nocturnal surface inversion layer when boundary laver similarity
theory fails to represent the impact of the local shear associated with the underside of the nocturnal
jet. Iti the present stady, the influence of the locally generated turbulence on the boundary layer mean
flow appears to be more significant as the geostrophic wind decreases or as the geostrophic wind shear
increases. With weak air flow in the very stable case, the local generation of turbulence at the top of
the inversion laver may be the principal cause of diffusion corresponding to an mpside dowrn boundary
laver. Such boundary layers belong to the Type I nocturnal boundary laver class of Kurzeja ef al
(1591) where much of the variance is due to horizontal meandering and gravity waves. Conventional
models of the stable boundary layer are expected to overestimate surface cooling and underestimate
dispersion with very stable conditions.

The importance of mean subsidence and baroclinity makes model comparison with observations
difficult. Without subsidence, the model fails to stratify the residual layer during the night. Omission
of clear air radiative cocling, horizontal temperature advection, or underestimation of mixing may also
contribute to lack of stratification of the modelled residual laver. In future work, clear air radiative
cooling will be included, which, unfortunately will reduce the model’s current utility as an economic

package for large scale models.
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Figure legends

Fig. 1 Cross-section of CABLE observational regions for (a) 5 May 19533 and (b) 24 May 1983 including
clear air turhulence (shaded), isentropes in 1 deg C intervals (solid lines), the PBL top (dashed
line), aircraft flight paths (slant solid lines), and the direction of the mean flow (thick arrows).
Height is with respect to sea level.

Fiz. 2 Vertica! profiles of variance of high-pass filtered vertical velocity (solid line), heat fiux x 100
{short dashed line}, 2nd potential temperature (long dashed line) chserved on 24 Max CABLE.
Height is with respect to sea level. The computed heat flux in the upper boundary laver was

noisy due to sampling problermns and omitted from the figure.
Fig. 3 Mixing length and the least square fit given by (5) 2ad (6} with 4, =525 m.

Fiz. 4 Eddy Prandt]l numbers and least-square fit (8) with Pry = 15 (solid line) and Prg = 10
{dashed line).

Fig. ® Nozndimensional functions of Ri from (6). the Louis modd {9), and NMC model (95).

Fig. 6 Pr cstimated from (8), Louis moddl, and NMC model. Pro = 1 s forced for (S} and Louis
model.

Fiz. 7 Profiles of # (dashed line) and turbulence kinetic energy (solid fine) observed at 8643 0a 7 May
i SESAME (after Lenschow of ol 1957).

Fig. S Modcl-estimated vertical profiles at 0500 LST for {a) = (solid linc) and 4 (dashed linc): (b) K
with free atmospheric mixing.

Fiz. 9 Modd-cstimated vertical profiles at 0300 LST for (2) K3 and {b) u with U; = 5 m/s with
{dashed lines) and without (sofid lines) local generation in the upper part of the stable boundary

laver.

Fig. 10 Vertical profiles at 0500 LST for (a) » and (b} # sin:latesd with (dasked lines) and without
{solid incs) local generation In the stable boundary laver when geostrophic wind shear is included.

Fiz. 11 Vertical profiles of (2) u and (h) 6 with (dashed fine) and without {solid iinc} of sulsidence.
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Chapter 3.1

Boundary-Layer Moisture Regimes

3.1.1. INTRODUCTION

Heat and moisture fluxes are normally modelled with the same
exchange coefficienis. The transfer processes for these two quantities
are similar to each other when compared to momentum transport which
involves pressure fluctuations (e.g., Garratt and Hicks, 1973). In addition,
moisture fluctuations are vulnerable to measurement problems (e.g., Dyer
et al. 1983) making distinction between moisture and heat transport
tenuous. However certain aspects of transport and organization of
moisture in the boundary layer are observed to be distinctly different
from that for heat. For example, in the convective boundary layer, Isaka
and Guillemet (1983) observe somewhat larger values of the dissipation
time scale for moisture fluctuations compared to that for temperature
fluctuations. As a second example, Brutsaert (1982) and Brutseart and
Kustas (1985) have suggested the need to distinguish between the
roughriess height for moisture from that of heat.

The most studied aspect of boundary-layer moisture structure is that
specific humidity is often not well mixed even when potential
temperature is well mixed (Donelan and Miyake, 1973; Betts, 1976; LeMone
and Pennell 1976; Johnson 1977; Nicholls and Readings 1979; Nicholls and
LeMone 1980; Lenschow et al. 1980; and others). Mahrt (1976) noted that
the entrainment moisture flux at the top of the boundary layer acts to dry
the boundary layer while moisture fluxes at the surface acts to moisten
the boundary layer, thus creating a vertical gradient of moisture which
survives mixing in some circumstances. This generation of gradients is in
contrast to the case for heat where both the surface flux and the
entrainment flux act to warm the boundary layer.

A systematic study of the dependence of the vertical gradient of
moisture or scalars on boundary layer scaling variables can be found in
André et al. (1979), Mahrt and André (1983), Driedonks and Tennekes
(1984) and Kustas and Brutsaert (1987). Kustas and Brutsaert (1987) find
that the rate of dry air entrainment controls the vertical gradient of
moisture. The fundamental difference between downward mixing from the
top and upward mixing from the bottom has been exploited by Wyngaard
(1984) and Wyngaard and Brost (1984) in order to model the vertical
gradient of passive scalars in the mixed layer.
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With sufficiently strong downward mixing of dryer air, the moisture
skewness can become negative in the lower part of the boundary layer,
even though the skewness of {emperature and vertical motion remain
positive due to warm moist updrafts (Druilhet et al. 1983). The moisture
skewness is just one of several features of boundary layer moisture
statistics which varies substantially between boundary layers with
different bulk stability, growth rates and surface energy regimes. These
features are the subject of Sections 3-6.

Then in Section 7, we study systematic variations of moisture on
scales of 10 km and greater. Nicholls and LeMone (1980) found that both
larger scale moisture and temperature perturbations seem to have a long
lifetime. They allude to large eddy motion and associated downward
transport of warm dry air as one possible cause. Further studies by
Barnes et al. (1980) and LeMone and Meitin (1984) found organized
moisture structure associated with two-dimensicnal “flat rolls®
characterized by horizontal spacing of 10-15 km and aspect ratios of 25:
1 or greater. These flat rolls may be associated with interaction of
tropospheric gravity waves with the boundary layer (LeMone, 1989) as in
the modelling study of Clark et al. (1986). Motions of a comparable scale
are operating in the present study although moisture variations also seem
to be influenced by surface inhomogeneity on scales of tens of kilometers
and larger as in Mathouf et al. (1987); Segal et al. {1988) and Pinty et al.
(1989).

3.1.2. THE DATA

The present study focuses on data from the Hydrological and
Atmospheric Pilot Experiment (HAPEX) conducted in Southwest France
(André et al. 1988: Pinty et al. 1989; Noilhan and Planton, 1989). The
HAPEX data (Table 1) are particular useful for moisture studies because
extra attention was devoted to the calibration of the sensors and
examingtion of errors in the moisture flux (e.g., Eloranta et al. 1989). Two
separate Lyman Alpha hydrometers were flown along with a dew point
hygrometer. Independent calibration procedures were carried out before
and after each flight.

We begin with two days, each consisting of 6 flights, 120 km long at an
elevation cf approximately 150 m above a relatively uniform pine forest
referred to as Landes. This data set contains one of the largest sample
sizes ever accumulated by low-level aircraft flights over relatively
homogeneous land surfaces with approximately stationary conditions thus
allowing statistical examination of turbulence and some mesoscale
motions. The inhomogeneity is limited mainly to occasional clearings in
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the pine forest whose widths normally appear to be comparable to or
smaller than the scale of the main boundary-layer eddies. The forest
consists primarily of one species of pine, albeit of varying tree height and
some variation of the understory vegetation. The soil type is sandy and
relatively uniform compared to typical land sites. The sum of the
aircraft-measured latent and sensible heat fiuxes is in agreement with
the energy avaiiabie from net radiation as measured at the surface. The
other HAPEX days analyzed in this study (Table 1) consist of flight iegs
over rolling terrain, mixed farmland and part of the pine forest with both
north-scuth and east-west iegs. These legs cover a varie'y of boundary-
layer conditions but are characterized by greater sampling problems.

Table 1. AIRCRAFT FLIGHTS
Program Legs Length Height Dir. Location Weather
HAPEX (km) (m)
i9May 6 120 125 BW fiat pine forest Cu<10%
25May 65 120 160 BEW flat pine forest Cu<10%
13 June 7 40 100 rolling, mixed 10% Cu, windy
19 June 8 40 100 rolling, mixed clear
22 June G 40 100 rolling, mixed <10% Cu, windy
1 Juy 10 40 100 rolling, mixed vible Sc
FIFE
6June 6 30 100 BV hilly grassland ciear, windy

Konza Prairie

A second data set consists of six lcw levei east-west flights above the
Konza Prairie in central Kansas, USA carried out during FIFE (First ISLSCP
Fieid Experiment, Sellers et al. 1988). Here the 100 m wind is 11-12 m/s
from the south scuthwest so that most of the shear is directed
perpendicular to the flight path. On this day, the surface
evapotranspiration is quite large and the surface heating is weak due to
wet soil conditions and litile stomatal control in the prairie plant
commuaity.
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Fluctuating and mean quantities for both data sets are computed using
the 2-poie Tangent-Butterworth filter with a 5 km wavelength. The
choice of the filter length is based on the cospectra of temperature and
vertical velocity in order to capture most of the turbulent heat flux.

3.1.3. MOISTURE REGIMES

To classify boundary lavsis it terms of surface fluxes, we define a
phase space in terms of the Bowen ratio and the boundary-layer stability
parameter -h/L where L is the Obukhov length and h is the boundary-layer
depth. The boundary-layer depth is determined from vertical profiles of
aircraft measured moisture, temperature and variance of vertical
velocity. The Bowen ratio describes the partitioning of the surface energy
budget into sensible and latent fluxes while the stability parameter -h/L
is roughly proportional to the ratio of buoyancy-generation of turbulence
kinetic energy to the shear-generation of turbulence kinetic energy.

In order to help classify different types of boundary layers, four
limiting regimes are defined by the Bowen ratio-stability phase space for
the heateG boundary layer with surface evaporation (main upper fight
quadrant of Figure 1):

1) Relatively large Bowen ratio of unity or greater and large -h/L, greater
than 20 or 30, imply large surface heating and weak surface evaporation
and weak winds. Some of the HAPEX data on 13 June and 1 July fall into
this category {Figure 1b). Another example is urban centers on sunny days
with weak winds (Ching, 1985).

) Large Bowen ratio and weak bourdary-iayer instability (small -h/L)
implies dry windy conditions. Buoyancy-generation of turbulence kinetic
energy is unimportant compared io large shear-generation but is
important in the surface energy balance compared to the very weak
evaporation. Some of the data for HAPEX 13 June approach such
conditions.

il) Small Bowen ratio and small -h/L correspond to moist, windy
conditions where surface evaporation is promoted by shear-generated
turbulence and leads to weak surface heating. The FIFE data fall into this
category as do many maritime examples including Donelan and Miyake
(1973), Brost et al. (1982), Grant (1986), and Holt and Raman (1986)

IV) Small Bowen ratio and large -h/L corresponds to weak winds and
strong surface evaporation. In this regime, the heat flux term in the
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surface energy balance is small compared to the latent heat flux term.
Yet, the buoyancy-generation of turbulence is large compared to the weak
shear-generation. Calm conditions over warm water wouid be included in
this class. The tropical maritime boundary layer examined by Nicholls and
LeMone (1980) is an example approaching such conditions.

V). This regime in Figure 1a comresponds to upward heat flux and
downward moisture flux implying surface condensation and
countergradient moisture flux and is not expected to occur except in
transient conditions.

Vl). The case of upward moisture flux and downward heat flux can occur
in the early evening boundary iayer over land with fair weather conditions.
This case also occurs with cloucdy,windy, wet conditiors where the
suriace evaporation exceeds the incoming net radiation. Another example
is the flow of warm air over a cooler wet surface which in weak form can
occur climatically over ocean surfaces in summer (Esbensen and Reynolds.
1981).

VIl). Downward heat flux and downward moisture flux includes the
common case of dew formation induced by nocturnal radiationa! cooling at
the surface.

Most boundary-layer situations probably correspond to an intermediate
hybrid of these regimes. For example, the Becwen ratio is typically
between 0.4 and 0.8 over temperate forests and grassiands (Oke, 1987).
While there is no precise numerical definition to categorize different
observed boundary layers, the asymptotic regimes discussed above and the
phase space in Figure 1a help organize the different data sets. No cases
include very small Bowen ratios where moisture fluctuations dominate
the buoyancy even in the lower boundary iayer (e.g., Greenhut and
Khalsa,1982). In the derivations below, we therefore neglect the
differences between tnhe surface heat flux and the surface virtual heat
flux although the results can be generalized to include such differences.
We also negilect the influence of boundary-layer clouds. Even with such
restrictions, the numerical values of Bowen ratio and instability
parameter -h/LL do not completely describe the flow regime. For example,
HAPEX 22 June and FIFE cases are characterized by comparable values of
the Bowen ratio and -h/l.; however, the fluxes are much weaker on 22
June.

For fixed incoming solar radiation, increasing magnitude of the
stability parameter -h/L corresponds 1o increasing Bowen ratio. That is,
{ess evapotranspiration corresponds to greater sensible heat flux and thus
greater instability. This is the tendency for those data sets in Figure 1b
which represent primarily sunny conditions. For such days, we can
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simplify the boundary-layer classification scheme by defining a
nondimensional number with isolines that are parailel to the dashed line
of Figure 1a. Such a nondimensionai number would distinguish between
calm wet and windy dry conditicns. Physically such a nondimensional
number will combine the constraints of the turbulence energy budget and
the surface energy balance.

We formally develop this combination by beginning with the following
simplified form of the suriace energy balance .

E = Rnet - H (1)
H=p cp W'

where E is the rate of surface evapctranspiration {Waits m2), H is the
heat fiux to the atmosphere and Rpet is the net surface radiation gained at

the surface which can be adjusted to include heat flux intc the ground, pis
the averaged value for deasily, Cp is ihie spacific heat of dry air, primes
reier io fluctuating quafniities and ine bracket refers {0 an averaging
operaior.

The simplest possibie siatement of the turbulence energy budget would
be to speciy a value of the fiux Richardson rumber

Rf = (g0} [Wo'lilw'v']-dV/dz} (2)
whicn is the ratio ci buoyancy-production of turbuience kinetic energy to
the shear-preduction of turpulence kinetic energy where V is the

horizontal wind vecicr and © a scale value for the polential temperature.

Solving for the heat fiux frem (1) and substituting into {2), we obtain
the following mecisture energy ratio

M= E/S = - Rf + Rpet/S (3)
where -
S = [WV'l-{d[Vydz} p cp/(g/O)

Large values of the moisture energy ratio M <omrtespond to calm wet
conditions and small values correspond to windy dry conditions.
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For instructive purposes, (3) can be solved for R¢, the flux Richardsen
number at the surface, in which case the moisture energy ratio M
represents the relative influence of surface evaporaiion on the stability
through reduction of surface heating. The remaining term, Rpet/S, is
proporticnal to the ratio of the first term of the Penman relationship
(radiation term) to the second term of the Penman relationship (so-calied
advective or aerodynamic term). This term therefore represents ihe
relative importance of evaporation due to net radiational heating relative
io the wind-induced evaporation. With large values of this term, the
aerodynamic term can be neglected and the Priestley-Taylor mode! should
be a good approximation to the Penman relationshipl. In other words, the
coefficient of the Priestley-Taylor approximation (Priestley and Taylor,
1972) is most likely to require the least adjustment when the moisture
energy ratio is large (caim, wet). A more detailed classification scheme
based or the Penman equation (Penman, 1948) can be found in Mahrt and Ek
(1684). Relating S to the wind speed, the second term in (3) ieads tc the
radiation Richardson number used by Mahrt and Ek (1984) to characterize
stability in cases where fiuxes are not known.

155 a short digression, we can instead divide the surface erergy balance (1) by the net radiaton
and obiam

B Ppep = -H/ Raep + 1

This particelar moisture energy ratio is proportional to the nondimensional coefficient a in the
Priestiey-Taytor modzl of surface evaporation.

Assuming the shear-generation to be proportional to u*3/h and

introducing the Bowen ratio into (3), the moisture energy ratio can be
redefined as

M = (-h/L)/p (4)

where L is the Obukhov length and u- is the surface friction velocity.
Therefore, the moisture energy ratio can aiso be interpreted as the
boundary-layer stability parameter -k/L divided by the Bowen ratio B.
The HAPEX 13 June case (Table 2) includes some of the smailest values of
the moisture energy ratio {10-20) for the present data sets due to windy
conditions and only modest evapotranspiration. Even smaller values can
be expected in dry windy conditions, perhaps O(1). In fact, small values of
M can even be computed from some maritime data sets by using data i-om
Brost et al. (1982), Grant (1986) and Holt and Raman (1986) where winds
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are significant yet evaporation is small compared to the summertime
evaporation over unstressed land surfaces.

HAPEX 19 June is characterized by the largest values of the moisture
energy ratio systematically exceeding 100 due to large evapotranspiration
and weak winds. Even larger values, exceeding 500, can be computed from
the maritime tropical data of Nicholls and LeMone (1980) where
significant evaporation occurs with weak winds. The above calculations
end Table 2 indicate that the present data sets represent quite different
situations but do not cover the realizable sections of the phase space in
Figure 1. In the next seclion, a complementary moisture parameter arises
from a reiationship for the decay of moisture fiuctuations.

3.1.4. MOISTURE MEMORY

The data analysis of Sections 5-7 will indicate that the moisture
statistics of some boundary layers are strongly influenced by pockets of
dry air near the surface with observed widths typically 500 - 1000 m.
This dry air at the surface appears to have moisture contents similar to
values near the top of the boundary layer but not as dry as air just above
the boundary layer. ampies are shown in Figure 2 from HAPEX flights
over the pine forest on 19 May. Conditional sampling and compositing
indicate that such dry sir pockets are statisticaliy associated with
sinking cooler air with horizontal divergence. However, the correlation is
not strong and the joint frequency distributicns (not shown) indicate that
dry air fluctuations are ofien associated with only weak perterbations of
temperature and vertical veiccily. Under certain corditons, such dry air
near the surface appears tc survive !onger than asscciated perturbations
of vertical velocity and temperature.

To investigate the possibiiity ¢f fonger memory of the moisture
perturbations, we define the time scales of the decay of near suriace
moisture and temperature perturbations as

7q= 3q/{[w'q’lid} (5)
19 = d6/{[w’0’}/d} {86)

where 8q and 50 are the initial amplitudes of ihe perturbations, d is the
depith of the perturbations and sguare brackels indicale averaging of
surface fluxes over a larger scale. Here we nzglect clear air radiative
cooling and feedback of the perturbafion ficw cn the lccal surface fuxes.
This zero order scale argument simply assumes that with weak surface
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moisture flux, dry air pockets near the surface will retain their moisture
deficit for a longer period.

Using the definition of the Bowen ratio for near surface fluxes, the
ratio of these two time scales can be written as

1q/te = (5q/56) /v (7)

where v is the psychrometric constant. With large Bowen ratio and thus
relatively small surface moisture fluxes, the moisture perturbations wiil
survive longer and serve as a tracer or historical indicator for previous
circulations.

To interpret (7), consider dry air near the surface originally associated
with dry downdrafts of large boundary-layer eddies (Nichoiis and LeMone,
1980). The downdrafts upon reaching the warm moist lower part of the
boundary layer, are frequently dryer but not warmer than the surrounding
warm moist updrafts. This augmentation of the ratio §q/560 has been
noticed by Nicholls (1978) and others and seems to also occur in the
observations of of this study (Sections 5-6). The dry air is modified but
not eliminated by horizontal diffusion because the downdrafts are
relatively broad and the small scale turbulence within the downdrafts is
relatively weak.

in contrast to the convectively unstable boundary layer with weak
winds, significant shear-generation of turbulence in the windy boundary
layer apparently leads to mixing on smaller scales rather than boundary-
layer scale updrafts and downdrafts. Then the downward transport may
require a series of shear-generated overturning events and dry air no
longer reaches the surface without major modification. Dry air still
reactes the surface but is strongly modified.

If (8q/88) is proportional to the instability of the boundary layer (large
-h/L), then the ratio of time scales (7) becomes proportional to

q/te ~ (-hiL)p =D* (8)

This proportionality is only plausible speculation. As circumstantial
evidence, Isaka and Guillemet {1983) found the time scale for dissipation
for moisture fluctuations to be somewhat larger than the time scale for
dissipation of temperature fluctuations in the convective boundary layer.
However, the ralation between the dissipation time scale and the survival
time of larger scale moisture perturbations are not known.
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Alternatively, D* can be simply considered as a nondimensional
combination of the main parameters which is complementary to the
moisture energy ratio (4). Large values of D* correspond to the upper
right hand comer of Figure 1ia and represent dry free convection while
small values of D* represent wet windy conditions. We will refer to D* as
a flux dryness parameler.

While the above loose arguments provide motivation for using D* to
help classify different boundary-layer moisture regimes, a more complete
consideration of the moisture fluctuations would directly include the
influence of dry air entrainment. We first proceed to examine the
relationship between the observed moisture fluctuations and the flux
dryness parameter.

As a statistical measure of the occurrence of occasional dry air
pockets, we employ the skewness of the fluctuating specific humidity q

Sq = [43)/[q2]3/2 (9)

where the square brackets indicate simple averaging over the record.
Ncrmally, one expects moisture, temperature and vertical velocity
fluctuations to be positively skewed due to the influence of narrow,
warm, moist updrafts and wider, cool, dry downdrafts. Indeed,
temperature and vertical motion are positively skewed for all of the data
sets examined here (Table 2). However, the skewness of specific humidity
may be positive or negative. Although interpretation of skewness is
complex, negative moisture skewness is generally associated with
occasionai pockets of dry air such as shown in Figure 2

The largest systematic negative values of the moisture skewness occur
on HAPEX 19 and 25 May (Table 2, Figure 3) when the flux dryness
parameter D* (Eq. 4) is relatively large due to significant surface heating
and only modest wind speed and evapotranspiration. The largest
systematic positive values skewness occur for the FIFE legs where D* is
small due to windy conditions with a relatively moist surface.

For the remaining HAPEX days, the scatter in the skewness-D*
relationship is large parily because of shorter, more inhomogeneous,
flight legs. The scatter may also be due to the incompleteness of D*
which attempts to describe oniy the survivability of moisture
fluctuations and does not contain information on the generation of dry air
fluctuations due to entrainment. For example, the flux dryness parameter
is large on 1 July, but entrainment-drying and negative moisture skewness
do not deveiop because the air above the boundary layer is moist. The role
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of dry air entrainment is discussed in Sections 5-6.

A study of the scale dependence of moisture skewness indicates the
largest negative values occur on scales between about 400 m and 1100 m
which probably corresponds to the cores of the driest air. Even with such
conditions, positive moisture skewness sometimes stili occurs on scales
of 100 m and smaller which probably corresponds to the cores of the
moistest updrafis.

3.1.5. ENTRAINMENT DRYING BOUNDARY LAYER

Attempts to numerically estimate the moisture flux at the boundary-
layer top are made difficult by strong height dependence of the moisture
flux with respect to the spatially varying boundary-layer top. In addition,
the flux is carried by a larger range of scales compared to the range of
scales at surface. This situation at the boundary-layer top leads to both
sampling problems and sensitivity to the filter cutoff wavelength. By
averaging flux values from two or more available flights near the
boundary-layer top for each day, we have been able to establish a rough
estimate of Rg, the ratio of the moisture flux at the boundary-layer top to

the value at the surface. Hcwever, these values are quite tentative
because the upper level fluxes normally represent a level several hundred
meters below the flight level and do not cover exactly the same period as
the near surface flights. Finally, Table 3 shows values of the decrease of
specific humidity across the inversion subjectively estimated from
aircraft soundings. This value is sometimes sensitive to the way in which
the sounding is interpreted. For example, the large vertical gradient at
the boundary-layer top sometimes extends into the upper boundary layer.
As another example, inspection of records near the boundary-layer top in
FIFE indicate that the driest entrained air is much moister than predicted
by the value of Aq reported in Table 3 Apparently, the air is entrained
only from the lower part of the capping inversion layer.

Table 3. The value of dq (g/Kg), the three hour change of low level mean
specific humidity; Rq, the ratio of the averaged values for the moisture

flux near the top of the boundary layer to the flux near the surface; Sq. the

moisture skewness and Aq (g/Kg), a rough estimate of the decrease of
specific humidity across the capping inversion.
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Data Set dg Rq Sq Aq

FiFE 8 Jun 87 0.2 03 1.2 5.0
HAPEX
13 Jun 86 c.2 0.7 1.0 10
19 Jun 85 -0.1 12 07 40
22 Jun 86 -25 15 -04 35
1 July 86 15 04 0.8 00

We now attempt to establish a qualitative relationship between the
sign of the verstical divergence of the moisture flux, the mean moisture
tendency and the moisture skewness. Of the four HAPEX research days
where fluxes are available in the upper part of the boundary layer, only the
late morning periods on 19 and 22 June HAPEX are characterized by
negative moisture skewness (Table 3). These two periods correspond to
an increase of upward moisture flux with height and decreasing specitic
humidity with time. This vertical divergence of the moisture flux is
associated with ilarge entrainment of dry air and large decrease of
moisture across the boundary-iayer top. These boundary layers are
therefore characterized by entrainment-controlled fluxes which act to dry
the boundary layer. The largest systematic negative values of moisture
skewness occur on 19 and 25 May when boundary-layer drying was
observed throughout the 3-hour observational period; however,
measurements were not made in the upper part of the boundary layer on
these days. In contrast to the above cases of boundary-layer drying, the
FIFE boundary layer and the HAPEX boundary layers on 13 June and 1 July
are characterized by positive moisture skewness, decreasing moisture
flux with height, and moistening of the boundary layer.

Temporary large entrainment occurs often in late morning when the
surface inversion layer is eliminated and the boundary layer grows rapidly
into a weakly stratified residual layer from the mixed layer of the
previous day. During this rapid growth period in the study of Coulman
(1878 a, b), the upward moisture flux increased with height and the
negative moisture skewness associated with the entrainment extended
down ‘o about z/h = 0.2.

The above observations suggest two prototype boundary layers; 1) the
entrainment-drying boundary layer with large top-down diffusion of dry
air and vertical divergence of the moisture flux and 2) the more classical
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moistening boundary layer associated with significant surface
evaporation, large bottom-up diffusion of dry air and vertical convergence
of the moisture flux.

Some organization of the qualitative relationship between different
variables for these two types of boundary layers can be provided by
considering the evolution equation for the third moment of moisture
fluctuations. Appiying the development of Wyngaard and Sundararajan
(1979) to moisture instead of potential temperature, we obtain the
following equation for the third moment of moisture fluctuations

(1/3)d[q31/dt = -(d[q)/dz)[wq2] - (1/3) d[wq3)/dz +
[q2]d[wql/dz - D (10}

where we have assumed horizontal homogeneity, neglected vertical
advection by the mean vertical motion, neglected phase change and where
q is the perturbation specific humidity, w is the perturbation vertical
velocity, [q] is the mean specific humidity and square brackets again
represent an averaging operator. The terms on the right hand side are,

respectively, the gradient production term, turbulent transport of [q3]. the

moisture flux divergence term and, D, the dissipation of [q3). These terms
are difficult to evaluate because they contain higher moments which
require large sample size and contain vertical derivatives which require
aircraft flights at multiple levels. However, if we consider limiting
cases where either the moisture flux is due primarily to surface
evaporation or where the moisture flux is due primarily to dry air
entrainment, then this equation provides useful constraints on the
relationship between the sign of the third moment, the vertical gradient
of moisture and the vertical moisture flux. In tum, the sign of ihe third
moment determines the sign of the anondimensional moisture skewness (9).

Consider the gradient production term by noting that the mean specific
humidity almost always decreases with height since both surface
evaporation and dry air enirainment cooperatively act to generate such a
gradient. In the entrainment-drying boundary layer, the production of
moisture variance is mainly at the top of the boundary layer so that the
transport of moisture variance is expected to be downward which
corresponds to negative [wq2]. Then, the gradient term in {10) produces
negative moisture skewness. Conversely, if the moisture variance is
generated primarily at the surface due to evaporation, the vertical flux of
moisture variance is expected to be upward which corresponds to positive
[wg2). Then the gradient production term in (10) produces positive
moisture skewness. Therefore, the evolution equation for the third
moment supports the contention that the sign of the skewness reflects
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the relative importance between moisture fiux generation due to surface
evaporation and flux gereration due to enirainment of dry air.

The second term on the right hand side of (10) redistributes [q3]
through turbulent transport while the last term reduces the third moment
through dissipation. Neither of these terms are expected to be the
primary influence on the sign of the skewness for the bulk of the boundary
layer. They instead act to reduce peak amplitudes of the skewness. The
sign of the third term on the right hand side is determined by the sign of
the moisture flux divergence because the moisture variance must be
positive. In the entrainment-drying boundary layer with positive vertical
divergence of the moisture flux, this term is negative and acts o generate
negative moisture skewness. Conversely, with vertical convergence of the
moisture flux, this term acts to generate positive moisture skewness.
These considerations indicate that moisture skewness is a useful measure
for differentiating between the entrainment-drying and moistening
boundary layers.

In the intermediate cases where both surface evaporation and dry air
entrainment are significant, the moisture skewness in the lower part of
the boundary layer is expected io depend on the relative magnitudes of the
surface and entrainment fluxes. The present observations and those of
Coulman (1978 a, b) and Druilhet et al. (1983) suggest that negative
moisture skewness can exiend into the lower part of the boundary layer if
the entrainment moisture flux is greater than the surface moisture flux.
In these studies, the moisture variance increases with height because of
the strong generation of moisture variance in the entrainment region.
This distribution of the moisture variance lerds support for the above

interpretation of the gradient production of [q3] (first term on the right
hand side of Eq. 10). '

While other examples of vertical divergence of the moisture flux and
entrainment-drying of the boundary layer can be found in the literature
(Deardorff,1974; Belts et al. 1990), moisture skewness is not usually
reported. As an alternative indicator, large values of the flux dryness
parameter (D* > 15) are found in three of the four entrainment-drying
boundary layers studied here. However, values of D* were not available in
the previous studies of the entrainment-drying cited above. The literature
does allow computation of D* from studies of the fair weather marine
boundary layer characterized by vertical convergence of the moisturé flux
small Bowen ratios, weak instability and small vaiues of the flux dryness
parameter; D* < 1 in Doneian and Miyake (1973), D* < 0.2 in Holt and
Raman (19856) and D* < 0.2 in Grant (1986, case of 26 Sept). Significant
vertical convergence of the moisture flux also occurred in the strongly
heated boundary layer of Wyngaard et al. (1978) where D* averaged about
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7. However, D* is expected to be an incomplete predictor of the
entrainment-drying boundary layer because it does not contain direct
information about the decrease of moisture with height and dry air
entrainment. The enhancement of downward moisture flux by boundary-
iayer clouds (Nicholls, 1985) is also not included.

The moisture flux profile may assume other forms including near
constancy with height as observed in Greenhut and Bean (1981), Milford et
al. (1979), Grant (1986) and numerous cases in Kustas and Brutsaert
(1987). In the absence of mean advection, height-independent moisture
flux corresponds to stationary moisture distributions as might occur over
the open ocean in synoptically stationary situations. Finally, moisture
flux convergence may occur in one part of the boundary layer and
divergence in the other part (Donelan and Miyake, 1973; LeMone and Penell,
1976; Nicholls and Readings, 1979).

Nonetheless, the moistening and entrainment-drying prototype boundary
layers discussed above will serve as useful initial organization of
boundary-layer situations. This distinction also underscores the lim'ted
applicability of models which specify the moisture flux at the top of the
boundary layer to be a fixed fraction of the surface moisture flux. The
present study and observations cited above show that this fraction may be
small compared to unily, or, with large D* and dry air aloft may exceed
unity.

3.1.6. MOISTURE-TEMPERATURE CORRELATION

In general, the correlation between moisture and temperature is
negative in the upper part of the boundary layer due to entrainment of
warm dry air (Coulman and Warner, 1977; Wyngaard et al. 1978, Coulman,
1980) and positive in the lower part of the heated boundary layer due to
warm moist updrafts. Wyngaard et al. (1978) and Guillemet et al. (1983)
describe an intermediate layer where the g-T correlation is negative on
the scale of the larger eddies but positive on smaller scales including the
inertial subrange.

The decrease of the positive g-T correlation with height and reversal
to negative values is associated with an increase of the negative moisture
skewness with height (Coulman, 1978b; Druilhet et al. 1983). The effects
of entrainment appear to reduce the q-T correlation in the lower boundary
layer even if such a correlation does not reverse to negative values, as
implied by the significant variability of the q-T correlation near the
surface and its relationship to the moisture skewness (Figure 4). Joint
frequency distributions near the surface indicate that the some of the
very dry air near the surface is associated with little temperature
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perturbation which reduces the g-T correlaiion.

Mixed layer scaling laws for the g-T correlation developed by Wyngaard
et al. (1978), Lerschow et al. (1980, eq. 45) and Moeng and Wyngaard
(1984) and the q-T costructure function developed by Wyngaard and
LeMone (1980) correspond to negative correlation in the upper half of the
boundary layer and positive g-T correlation in the lower half of the
boundary layer with values close to unity near the surface. The
observations presented here suggest that these models could be
generalized to include the entrainment-drying boundary layer
characterized by small g-T correlation near the surface and lower levels
for the sign change of the g-T correlation. Generalization might also
include the case where buoyancy fluctuations are dominated by moisture
fluctuations and buoyant cool updrafts (moistals) as in Nichols and LeMone
(1980), which may lead to negative g-T correlation close to the surface.

While few studies report values of the moisture skewness, a number of
previous studies allow evaluation of the flux dryness parameter D*.
Wyngaard et al. (1978) report high positive values of the gq-T correlation
near the surface, averaging about 0.7 at zzh = 0.1 with an average D* value
of about 7. Chou and Zimmerman (1989, their Table 1 and Figure 3) show
qg-T correlations of abcut 0.8 at z’h = 0.1 for four cases with an average
D* value of 13 and about 0.25 for two cases with average D* values of
slightly more than 26.

The negative moisture skewness and smaller moisture-temperature
correlation generally occur with reduced w-q correiation (Figure 5). The
smaller w-q correlation is partly related to some pockets of dry air
associated with negligible vertical motion. This observation is consistent
with the possibility of slower decay of moisture fiuctuations proposed in
Section 4 for large values of D*. In conclusion, large D*, negative surface
moisture skewness and reduced q-T and w-q correlations all appear to be
near suiface indicators of the entrainment-drying boundary layer.
However, the generality of such a relationship is not known.

3.1.7. MOISTURE FRONTS AND MESOSCALE VARIABILITY
(@) Spatial moisture variability
The repeated 120 km HAPEX flights on 19 and 25 May over the
relatively homogeneous pine forest allow statistical examination of
small mesoscale motions on the horizontal scaie of 10 km. Inspection of

raw time series (Figure 2) indicates considerable coherent moisture
variation on the scale of 10 km and occasional pockets of very dry air on
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the scale of roughly one kilometer. The dry air pockets are characterized
by a specific humidity deficit of more than 1 g/Kg and on rare occasions
several g/Kg. The dry air pockets contribute to the negative moisture
skewness discussed in the previous section and can occur as part of tha
10 km moisture variation or can occur without obvious relation to larger
scale variations {Figure 2). These anomalous dry air events are observed
with almost identical signature with both Lyman Alpha sensors. The dew
point hygrometer measures these events with somewhat weaker amplitude
probably due to it's slower response time.

The 10 km moisture variation is characterized by an order of magnitude
greater amplitude than the moisture fluctuations on the turbulent scale
(say < 1 km) excluding the occasional dry air pcckets. In contrast, the 10
km variation of temperature and vertical velccily are weaker and often
masked by the stronger smaller scale turbulent fluctuations of
temperature and vertical motion (Figure 2). The 10 km moisture structure
could be associated with large boundary-layer edd’es such as longitudinal
roll motions or surface convergence bands (see for example Stull, 1988).
The marine boundary-layer studied by Donelan and Miyake (1973) and
Nicholls {1978) a2nd some of the boundary layers over land studied by
Milford et al. (1979) aiso show more "mesoscale” variation of moisture
than variation of temperature and vertical velocity. In contrast, the
tropical boundary layer studied by Nicholls and LeMone (1980) shows
considerabie variation of both moisture and temperature on the 10 km
scale.

Here, the Haar wavelet transform (Appendix) is used to statistically
document the greater mesoscale variability of moisture compared to
mesoscale variability of other variables in the present data sets (Figure
6). 1he Haar wavelet transform provides less biased focus on individual
scales compared to the structure function and allows better scale
resclution at larger scales than do Fourier spectra. For 19 May HAPEX,
horizontal temperature variations (Figure 6) show maximum variance at
about 500 m while moisture variatiors continue to increase with scale.
Based on this transform, the r.m.s temperature fluctuation at the varnance
peak is on tte order of 0.1 C while the r.m.s moisture fluctuztiocn at 5 km

is on the order of 0.1 g g~ 1.

The same behavior occurs on 25 May except that the peak for
temperature gradients occurs on larger szales. This difference is
prcbably due to orientation of the mean shear more paralle! io the flight
direction and to the somewhat higher level of the aircraft iegs on 25 May
(Table 1). The stonger shear in the fight direction may elongate the
eddies in the direction of the aircraft. The relative importance of
mcicture and temperature variations at mesoscales varies substantially
between the ol.cr data sets which contain niore variability of the
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underlying surface conditions.
(b) Mesoscale moisture fronts

The 10 km moisture variation is sometimes associated with sharp
gradients occurring in horizentaily convergent frontal zones of about 1 km -
width or narrower (Figure 2). The dry air pcckets discussed above are
sometimes found just downwind of the mesoscale moisture fronts wh.ch
leads to concentrated horizontal changes of moisture. The moisture
fronts, as observed by airciaft, show no definable preference for
orientation with respect to the mean shear. The mesoscale moisture
fronts also do not have an obvious relationship with the surface
inhomogeneity in that their locations are not coirelated with locations of
clearings and variations of the surface radiation temperature and albedo.

Since much of the moisture variation seems to have survived longer
than any systematic structure in the other variables, compositing will be
necessary to identify any tendency for circulations associated with the
meisture fronts. To select samples of mesoscale moisture fronts, a time
series of horizontal gradients is computed using the Haar wavelet
transformation (Appendix). Then samples of about 6 km width were
selected centered about peaks of the horizontal gradient of moisture as
measured by this transform. The composite of the samples based on
negative moisture gradients yielded about the same structure as the
composite based on positive gradients. We arbitrarily choose the positive
case for the following discussion.

This procedure selects 58 events from the 6 flight legs cn 19 May
accounting fcr about half of the “>ial record. The ccmposited structure
{rigure 7) indicates strong horizontal convergence at the moisture front.
The convergent frontal zone appears to occur on a scale of less than 1 km
and is aiso associated with a narrow zone of rising warm air on the moist
side of the front and a namrow zone of a slightly cooler sinking air on the
dry side of the front. These variations are confined to within one or two
kilcmeters of the front whereas the coherent changes of moisture often
extend five kiiometers or more on either side of the front. We infer that
the moisture fronts are generated by zones of horizontat convergence in
the presence of significant moisture variability. The present analysis is
unable to determine if the moisture fronts are related to the surface
convergence bands discussed in Stull (1988, p. 446) or other large
boundary-layer scale eddies such as longitudina! roli motions. Cellular -
convection or organization of thermals into spoke pattemns (Schmidt and
Schumann, 1989) seem to be ruled out by the lack of large scaie
temperature signature. Moisture fronts occurred on scme of the other
days with varying degrees of organization.
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(c} Negative moisture-temperature correlation and the surface
energy budget

On the mesoscaie, moisture and temperature are negatively correiated
for a wide variety of corditions. For example, the low pass filtered data
(5 km wavelength) show negative q-T correlation for aimost all of the
data sets examined here. This negative correlation is a more general
feature than the occurrence of moisture fronts. In contrast to this
negative q-T correlation, turbulent scale warm moist updrafts and cool
dry downdrafts near the surface correspond to positive corre:ation
between temperature and moisture. This scale crossover is documented in
Figure 6 and schematically summarized in Figure 8.

The negative correlation beitween temperature anc moisture near the
surface on scales greater than a few kilometers might be aitributed to
large boundary layer eddies which transport warmer, dryer air toward the
surface as suggested by Nicholls and LeMone (i980). On scales greaier
than a few tens of kilometers, the temperature and moisture patterns vary
little between fiight legs in spite of 5 mis airflow. This apprcximate
stationarity is probably related to constraints of the surface energy
budget as occurred in Malhouf et al. (1987), Segal et al. (1988), Pinty et al.
(1989) and Noilhan et al. (1990). In regions of stronger surface moisture
fluxes, the surface energy balance supporis weaker heat flux providec that
horizontal varnations of net radiation and scil heat flux are not more
important. Variations of surface evapotranspiration may be forced by
spatial variations of stomatal control and soil moisture.

In contrast, on turbulent scales of 1 km or less the comelaticn between
moisiure and temperaiure above heated evaporating surfaces is positive
because of dominance by nonstationarily and advection by the turbuient
eddies themselves. In cther words, local temperature changes are largaly
due to advection by individual eddy motions, an intrinsic feature of
turbulence. Then the veriical decrease of moisture and potential
temperature in the surface layer leads to positive correlation between
turbulent fluctuations of iemperature and moisture.

To statistically document the dependence of the moisture-temperature
variations on horizontal scale, we compute the co-wavelet transformation
of specific humidity and temperature (Appendix, EqQ. A2). The crossover to
negative q-T coirelation typically occurs at about 2.5 km on 19 May and
4.5 km on 25 May (Figure 6). This negative ccrrelation continues to
increase with increasing horizontal scale indicating the importance of the
quasi-stationary spatial pattern discussed above. We specuiate that for
scales greater than a few tens of kilometers, the mesoscale surface
energy budget helps maintain the negative correlation between moisture
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and temperature. The composite of the moisiure fronis suggests that the
10 km variation is associated with convergence zones and therefore more
likely to be related io large transient eddies. The mesoscale vertical
mctions asscciated with the negative moisture-temperature correlation
are weak and the cverall vertical fluxes of moisture and iemperature at
such scales are generally either weak upward or not significant as in
Nichglls and Lehlone {198G).

{d) iImplications for ciloud initiation

The negatl... moisture-iemperature correlation on scales greater than
a few kilometers is of mazjor importance for the initiation of bourdary-
layer clouds and for the relationship between clouds and the mean relative
humidily in the upper part of the boundary layer. The negative correlation
beitween moisture and temperature acts o produce large mesoscale
variaticns ¢f relative humidity and lifted condensation level. For the
present data, ihe standasd deviations for relative humidity and lifted
condensation izvel for scales from S km to 50 km are typically two or
three times larger than the respective standard deviations for scales
smaller than 5 km. On the smaller scales, the pssitive correlation
between mgcisture and temperature act to mirimize variations of relative
humidity and lifted condensation level.

The negative q-T coirelation cccurs on scales which will be smaller
than the grid size of mary numerical models. This variation must be
inciuded along witn the influence of turbulent fluctuations in the subgrid
scaie formulation of boundary-layer clouds. For example, the present data
suggest that the percentage variation of the LCL used in the Wilde et al.
(1985) formulation of bouadary-layer clouds might be increased beyond
the value attributed to turbulence alcne. In a similar manner, the best
critical value of ithe relative humidity above which clouds are inferred in
the model of S¥1go (1980) might be lower with large mesoscale subgrid
variability. That is, with greater variability, some clouds can form at a
lower average relative humidity.

3.1.8. CONCLUSIONS

This study of Goundary layer moisture fluctuations suggests
preliminary organization according to two prototype moisture regimes.
The enfrainment-drying boundary layer is characterized by vertical
divergence of the moisture flux in association with significant
entrainment of dry air at the boundary-iayer top and top-down mixing of
drver air. The entrainment-drying boundary layer is more likely to occur
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with unstable conditions and weak surface evaporation which corresponds
to iarge values of D* = (-h/L)p where B is the Bowen ratio. In the
entrainment-drying boundary layer, dry air from the upper part of the
boundary layer occasionally reaches the surface. This occurrence leads to
negative moisture skewness even though pcositive temperaiure and
vertical velocity skewness are maintained by warm .noist updraits. Since
the slowly diffusing dry air pockets mcre quickly iose their temperature
and vertical velocity perturbations, the dry air serves as a tracer and
leads to a reduction of the overall positive cerrelation of moisfiure with
temperature and vertical velocity near the surface.

In contrast, the texibcok moistening boundary layer is characterized
by botiom-up mixing of moisture which corresponds to vertical
convergence of the moisture ilux, positive moisture skewness. and larger
positive correlation oetween moisture and temperature and between
moisture and veriical velocity. Such boundary layers seem most developed
with large surface evaporation and significant mean wind shear where the
flux cdryness parameter D* is significantly smaller than 10.

The combined results of this study and those from Coulman (1278 a,b)
suggest that the diurnai evolution ¢f the heated boundary layer may oiter
begin with a moistening regime in the morning and then experience drying
later in the moming. The drying regime occurs when the noctumnal
inversicn layer has been eliminated and the boundary iayer is growing
rapidly info a thick weakly stratified layer, probably remaining from the
mixed layer cf the previous day. The boundary layer may cr may not
switch back fo the moistening regime when the boundary layer growth
slows later in the aiternocon.

Of course all the various beundary-layer possibilities cannot be simply
categorized with only two profotype regimes and one nondimensional
parameter D*. A more general approach needs to explicitly include the
influence of dry air entrainment and allow for the influence on boundary-
layer cumulus orr such enirainmeat. However, the above idealized
classificaticn previces a useful initial organization of boundary-layer
moisture regimes and indicates that ihe modgdelling practice of specifying
the moisture enirainment fiux !0 be a fixed fraction of the surface
moisture flux is rather restrictive. The present study suggests that this
fraction is significanily less than one for small D* but increases to
vaiues greaier than unily (entrainment-drying boundary layer) for large D*
and dry air aloft. The entrainment-drying boundary layer appears to be an
important stage for ccunieracting suiface evaporation. The failure of
modeis 1o simuiate this phase may account for unrealistic moce! buildup
of moisture in the boundary layer.

Some of the HAPEX daia reveal 10 km sceale moistsre variations with
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much of the variation cfien concentrated in narrow zones of horizontal
convergence. Since correspording signatures of vertical velocity and
temperature are much weaker, these zones are referred io as “mesoscale”
moisture fronis.

As a more gerieral ieature, potential temperature and moistufe are
positively comrelated in the lower part of the boundary layer on horizonial
scales less than 1 km. This correlation is associated with warm moist
updrafts and cool dry downdrafts. However, temperature and moisture
near the suiface become negatively correlaied on scales larger than a few
kilometers associated with ccol moist regions and warm dry regions. On
the 10 km scale, such moisture variations appear to be associated with
large boundary-layer eddies and downward transport cf entrained warm
dry air. However, on larger scales the negative mossture-temperaiure
correlation is quasi-stationary and appears to be reiated to constraints oi
the turbulence energy budget.

The negative correlation between moisture and temperature on
mesoscales leads to large variations of relative humidity. This variation
corresponds to significant subgrid variabiiity in iarge scale numericai
models which implies needed adjusiment of coefiicienis in existing
formaulations of boundary-layer cloud cover.
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APPENDIX: APPLICATION OF THE HAAR WAVELET
TRANSFORM

Mahrt (1991) shows that the usual structure function at larger scaies
is significantly influenced by smaller scale gradients. As a result of this
leakage of variance from small scales to larger scales, the structure
function is normally not able tc define the scale of the main eddies.

Is conirast, the Haar wavelet transform (Figure A1) contains spatial
averaging which reduces the influence of scales smaller than the window
width and appears to yield a variance peak at the scale which corresponds
to the main eddies. The wavelet transform is a local transform W{f{x),a,b}
or the original data f(x) whichi here is constructed to estimate spatial
differences of f(xj as a function of scale (dilation) a and x=b represents
the position the iocal transform within the record. The variable f(x)
represents dependent variables such as the velocity compornents,
temperature or moisture  With the notation of the wavelet transform
{Daubechies, 1988) and scaling in Mahrt (1991), the Haar wavelet
transform is defined as:

Wi{f(x),a,b} = (1ia)jh[(x—b)la] f(x) dx (A1)

-1 for 1/2 < (x-b)/a < O
hf(x-b)y)a] =+1 for 0 < (x-b))a < 1/2
0 otherwise

where the integration is performed over the transformation window of
width a and again b is the positioning of the loczai transform. To compute
the wavelet itransform variance, the square of the local transformation
(A1) is summed over the different positions of the loca! transiormation
window which sequentially moves through the record. This record
variance is cormpuied for different values of the dilstion scale a to
construct the variance spectra. The details of this caiculation can be
found in Mahrt (1821).

The transformation operator can be generalized to form a co-wavelei
transiorm between gradients of two different variables §4(x) and fa(x).

mathematically defined as

CW{f1(x), fa(x), a, b}= (1/a)] {h[(x-b)a] #1(x)}
{hi(x-b)/a] fa(x}} dx (A2)




where again the integration is defined over the width of the
transformatiors window. To compute the covariance for the entire record,
(A2) is summed over the entire record separately for each value of the
dilation scale a. The wavelet covariance for moisiure and temperature
based on (A2) are shown in Figure 6 as a function of scale a.
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Figure legends

Figure 1. (a) Physical regimes in the Bowen ratio-stability phase space
defining asymptotic cases in terms of the moisture energy ratio M (eq. 3)
and the flux dryness parameter D* (eq. 8). (b) corresponding location of
various aircraft legs in the Bowen ratio-stability phase space for FIFE (+),
HAPEX 19 May (open triangles), 25 May (open circles), 13 June (so%d
diamonds), 19 June {solid circles), 22 June (open diamonds), and 1 July
(solid squares).

Figure 2. Two examples of time series of specific humidity, temperature
and vertical motion at roughly 150 m above the pine forest on 19 May in
HAPEX with east on the right.

Figure 3. Relationship between the skewness of specific humidity and D*
(see Eq. 8) based on high pass variables for FIFE (+), HAPEX 19 May (open
triangles) and HAPEX 25 May (open circles). Part of the scatter is
associated with variation of the vertical moisture gradient and dry air
entrainment between observations.

Figure 4. Relationship between the temperature-specif:: humidity
correlation and the skewness of specific humidity of high pass variables




for FIFE {(+), HAPEX 19 May (open friangles), 25 May (open circles), 13 June
(solid diamonds), 19 June (solid circles), 22 June (open diamonds), and 1
July (solid squares).

Figure 5. Relationship between the correlation between specific humidity
and vertical velocity and the skewness of specific humidity based on high
pass variables. See Figure 4 for explanaticn of symbols.

Figure 6. Scale-dependence of the Haar wavelet transform for

temperature (K2), specific humidity [(g/Kg)2] and Haar wavelet covariance
(K g/Kg) composited over all of the flight legs on (a) 19 May and on (b) 25
May in HAPEX. See Appendix for methodology.

Figure 7. Composite horizontal structure of 6 km samples of sharp
horizontal variations of moisture (solid, upper) and associated fields for
longitudinal velocity (dashed upper), vertical motion (solid lower) and
temperature (dashed lower).

Figure 8. Idealized example of the reversal of the moisture-temperature
correlation with increasing scale contrasting turbulent, 10 km and
mesoscale energy-controlled regimes.

Figure A1l. Application of the Haar wavelet transform to time series for
calculation of horizontal variations.

Table 2. Boundary-layer stability -h/L, moisture energy ratio M, flux
dryness parameter D*, record mean velocity components (m5'1), record
mean fluxes based on 5 km high pass variables for momentum (m2s-2),

moisture (ms-1g Kg-1) and virtual heat (ms-1K), and correlations based
on both high pass and low pass variables.
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Chapter 3.2

A formulation for boundary-layer cloud cover

3.2.1. INTRODUCTION

Formulation of cloud cover and the associated attenuvation of downward
soiar radiation is an importart aspect of oractical modeis of the boundary
layer. Development of boundary-layer clouds reduces surface heating and
cvapotranspiration.  Relatively little aticntion has been devoted to
construction of simple formulations of boundary-layer cloud cover.

Most existing simple formulations can be roughly classified into two
classes: those formulations based on the relative humidity in the upper
part of the boundary layer (Slingo. 1980: Chu, 1986} and those
formulations based on a frequency distribution of the lifted condensation
level (Betts, 1983; Wilde et al., 1983). The latier class of models seem to
possess more physics which can be potentially related 1o turbulence
statistics. whereas the former class is =asicr io implement in a numerical
model. In this investigation, we develop a model of cioud cover which
utilizes aspects of both classes of formuilations by anzlyzing data from the
Hydrological and Atmospheric Pilot Experiment (HAFEX) conducted in the
southwest of France in 1986 (André et al., 1988).

The present study will :ndicate that turbulent scale iariations of relative
humidity and subgrid mssoscale inhomogencity are both important factors
in the formulation for grid-averaged cloud cover in large-scale numerical
models. The transmission of solar radiation ihrough boundary-layer
clouds must also be modelled. We will inccrporate this cioud cover
formulation into a omc-dimensional planciary boundaryv-layer model and
simulate cloud cover deveiopment for severai days during HAPEX.

3.2.2. RELATIVE HUMIDITY MODELS GF CLOUD COVER

The proposed modcel will follow Slingo (198G) using relative humidity near
the boundary-layer top since this quaniity is relatively available from
numerical models and does not require a link between surface processes
and cloud development. We will follow Wilde e1 ai. (1985) and Betis
(1983) and assume a frequeacy distributicas of variables (relative
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humidity for our study) in order to account for variability on turbulent
scales. We also include mesoscale subgrid variability to allow for
application to large-scale models.

The simplest formulation of cloud cover which is based on relative
humidity (RH) near the top of the boundary layer can be summarized in a
framework based on a "scaled relative humidity”

RH* = [RH - RH_ Ji[l - RH, ;] (1)

This function vanishes as RH decreases to the critical relative humidity

RH _,,. and approaches unity when RH approaches 100%. A general

model of boundary-layer fractional cloud cover A, is then formulated as

A= RH:", RH*>0 (2)
A=0. RH* <0

With formulation (1-2). boundary-layer clouds are first predicted when
the grid-averaged relative humidity exceeds RH ;.. Cloud cover reaches
100% when the grid-averaged relative humidity reaches 100%. The Slingo
model uses the average relative humidity in the 950 to 850 mb layer and
corresponds to p=2 with RH .. = 0.80 in (1-2). In this study, average
relative humidity will always refer 1o the relative humidity computed
from averaged moisture and averaged temperature. The Chu model
corresponds to RH = 0.57 and p = 1.32. The Albrecht (1981) model

cannpot bec expressed in this format without further simplification.

To studv the usefulness of (1-2), we estimate the fractional cloud cover
using records of downward solar radiation daia frem aircraft flight legs
collected by the NCAR King Air during HAPEX. This data set consisis of 12
days with varving cloud amounts in the boundary laver and minimal cloud
activity above the boundary layer. Frequency distributions of the
downward solar radiation arc compuicd from one-sccond observaiions
(approximately 80-m segmeats) along the aircraft flight leg.  The resuliing
frequency distributions (figure 1) indicate a bimodal distribution of solar
radiation under a partial cloud cover. As a resuli. a critical value of solar
radiation can be defined for cach flight leg to determine the local existence
of overhead boundary-layer clouds without suffering significant sensitivity
to the exact numernical choice of the critical value.

The rclatzonship between the fractional cloud cover and the average
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relative humidity observed ncar the boundary-layer top depends on
turbuleni scale variability. For example, with moist updrafts and dry
downdrafts associated with cntrainment at the boundary-layer top, clouds
fir 1 form with Jower average relative humidity compared to the boeundary
laver with only small turbulent variations of relative humidiiy.

Observations from the 18 available upper-level flight legs from 10 days in
HAPEX (figure 2) indicate that the observed boundary-layer cloud cover is
only loosely related to the relative humidity in the upper pant of the
boundary layer. at lcast for ithe daia of this study. In our study the upper
part of the boundary laver corresponds to z/h 2 0.6 where z is the aircraft
flight level and h is the boundary layer depth. Part of the scatter may be
due to the variable height of the exact aircraft flight levels with respect io
the beundary layer top {iable 1). Whea clouds developed. the aircrafi
flights were executed immediately below the cloud base. Flights through
clouds were avoided because of the unceriainty of temperature and
moisture measurements within clouds. For relative humidity less than
100% . the partial cloud cover appears 1o be greater with significant
turbulent scale variability of relative humidity (figure 2). Turbulent
fiuctuations of relative humidity are computed from the aircraft data usiag
a high-pass filter with a 5 km cutoff wavelength.

A plausibie relationship between cloud cover and the variation of relative
humidity 1s posed in terms of a hypothetical frequency distribution of
relative humidity in figure 3. Here relative humidity is gencralized using
total water relative humidity (vapor plus liquid): that is. values greater
than 1.0 occur in clouds. For average relative humidity less than 1.0
(figurc 3a). greaier cloud cover is more likely with larger varimion of
relaiive humidity. For an average relative humidity greater than 1.0
(figure 3b). larger variation of relative humidity leads tc smalier cloud
corer.  As an example. in stratocumulus where the fractional cloud cover is
large. incicased variation of relative humidity corresponds 10 morc dry
pockets and decreased cloud cover.

]
1
1

For simplicity we will construct a mod- 1 of fractional cloud cover which
assumes a Gaussian distribution of relative humidity and predicts the
mcan and variance of relative humidity from variables available from
simple boundary-layer models. In actual cloudy boundary layers, the tail
of the distribution corresponding 1o significant liquid water is probably
reduced by precipitation.  Mathematicaliy. the fractional boundary-layer
cloud cover will he predicied by
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A, = flIRH] .Gy (3a)

where [RH] is the average relative humidity and o, ic the standard
deviaticn of relative humidity which defines the Gaussian distribution.
The fracuional cloud cover is the area under the Gaussian curve greater
than RH=1.0 (figure 3) and is approximated by a ninth-order polynomial
fit to the normal distribution. The relevant variation of relative humidity
rear the boundary-layer top involves both turbulent scale variations and
those mesoscale variations which are on a scale smaller than the horizontal
grid size. For simplicity, we assume that the mesoscale and turbulent
fluctvations of relative humidity are uncorrelated which requires a distinct
separation of scales in which case we can write

_ -2 . 2 1:2 (3b)
Grit = 10 Riteurs ¥ T Ritmesol

where 6 gyurp 1S the turbulent scale relative humidity variance and

i - - - g -
G piimeso 1S the mesoscale relative humidity variance.

The turbulent scale relative humidity variance is modelled in Section 3a
starting with the variance equation for relative humidity. The subgrid
mesoscale variance increases with the horizontal averaging length. With
relative humidiiy significantly less than one and sparse cloud cover. the
chance of including some area of high relauve humidity and cloud
increases with the size of the grid as is suggested by the dependence of the
observed cloud cover on averaging length (fisure 4). The subgrid
mesoscale variance of relative humidity is modelled in Section 3¢ as an
increasing function of grid size.

3.2.3. RELATIVE HUMIDITY VARIANCE

Turbulent variations of moisture and temperature near the heated surface
are normally positively correlated corresponding to warm moist updrafts
and cool dry downdrafts. This correlation leads to relatively small
variations of relative humidity. In the upper part of the boundary layer,
temperature and moisture tend to be ncgatively correlated on turbulent
scales duc 10 entrainment of warmer drier air between cooler moist
updrafts.  This negative temperature-moisture correlation corresponds 1o

larger variations of relative humidity compared to lower in the boundary
laver.
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Mesoscale variations of relative humidity due to variations of the surface
energy budget often lead to negative correlations between temperature
and moisture (Mahrt, 1991). In regions of moist surface conditions,
grcater cvapotranspiration leads to less energy available to heat the
atmosphere; conversely. dry regions correspond to greater sensible heat
flux at the surface and warmer air temperatures. With variations between
warm dry air and cool moist air, both temperature and moisture variations
act in concert to produce significant variations of relative humidity. Since
these variations may be on a subgrid scale, they must be considered in the
formulation of cloud cover based on relative humidity. Mesoscale moisture
variations may be systematically larger over a variety of mesoscale
conditions (Mahrt, 1991).

Mahrt (1991) found that the spatial scale of the sign change of the
temperature-moisture corrclation necar the surface occurs typically at
roughly 5 km for the HAPEX data. We arbitrarily define turbulent scales
as those less than 5 km and mesoscale variations as those greater than 5
km. For this reason. we compute the moisture flux and variances using a
5-km high pass filter. With this partition, dry downdrafts between
individual cloud clements are turbulent scale variations. The upper limit
to the mesoscale circulations included in this calculation will normally be
100 km comresponding to the lengih of the record.

The significant mesoscale variation of relative humidity and cloed cover
will contribute to the subgrid variability in most large-scale models. This
effect decreases the value of rclative humidity required for the initial
onsct of boundary-layer clouds in models of the form (1-2). We now study
the variation of rclative humidity 1a the boundary layer by forming an
cquation for relative humidity variance.

a) Turbulent scale variation of relative humidity

To compute the turbulent variation of relative humidity near the
boundary-iayer top, we cxpress the relative humidity (RH) in terms of the
specific humidity (gq) and partition variables into record mean and
pcrturbation (') to obtain

[RH] + RH" = (Iq] + g')(la,] + 45) (4)

s IS small

Assuming that thc perturbation saturation specific humidity g
comparcd to the mecan value ({g,/). we approximatc (4) as
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[RH] + RH* = (1] [q,0)Iq] + a')1 - a;] [q,]) (5)

Carrying out the multiplication on the right hand side, rearranging, and
subtracting [RH] from both sides, we obtain

RH* = - [RHIq; [ Ia ] + q'[ [q,] - g'a;! [q,]? ©)

Squaring (6) and averaging, the turbulent scale reiative humidity variance
2
(6”giriury) becomes

Crurs = [RHP Uzq,/ lq, 7 + qu/ la. - &, al'q,/ g%

- 2qrHjq g [ Iq,? + 21RH] & '] I P - ;) ia P (D

where o a5 and 62 are the variances of saturation specific humidity and

q
specific humidity, respectively. Assuming ¢'<</q] and g,<<[q] (7)

becomes approximately
GzRillurb = IRH]Z ozqslqulz + ozq/[qslz - 2[RH][q,’q']/[q,lz (8)

The linearized Clasius-Clapeyron equation can be written as

q," = (dq 1dT)T" = (a)T"

19,21 = (APIT?]
where

A = dgldr = L g (RT?).

Assigning the perturbation values to be the record standard deviations, the
Clasius-Clapeyron equation becomes

2 2 2
Cogs = (AFc

Using this relationship (8) may be rewritten as

Criws = (IRHI 8crl [P + (o ] 1g,JF - 21RH] 4 rp 000,/ [g 7 (10)

The first term on the right-hand side of (10) is the relative humidity
variance duc to the temperature variance, the second term is due to the
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moisture variance, and the third term is due to the correlation between
tcmperature and moisture. In the upper part of the boundary layer, the
moisture variance term is much larger than the other two terms (table 1
and figure 5).

Since the contribution from the other two terms in (10) is small, we choose
10 express 62gy .5 a5 @ function of the moisture variance term. Then (10}
reduces to

Canrs = F1(0,] 19,0P) (11)

where f is an undetermined function to be estimated empirically.
Unfortunately, simple models of the boundary layer do not predict
moisture variance and similarity relationships for moisture fluctuations
are unrcliable necar the boundary-layer top.

We can transform (11) by relating o, to the moisture flux

6, = [wq] / TqOw

Then (i1) becomes

Pontars = ST (r 40,00, ) (12)

Boundary-layer models predict [w'q’] and [g,J. Relationship (12) is
preferable to (11) because similarity expressions for 6, are thought to be
morc rteliable than those formulations for moisture fluctuations.
Furthermore r,, in the upper boundary layer appears to be less variable
than the moisture variance required for (11). Therefore we proceed to
cxplore the applicability of (12) by assuming f to be a linear function of

its argument and ignoring the variation of T g Then (12) becomes

Cruws = C1 + C2{Iwq]] (o g1 (13)

Using the 18 upper-level flight legs from HAPEX, linear regression yields
CI1 = 0.00014, and C2 = 9.75 (figure 6) where the single outlying point is
not used in the analysis. A comparison of the linear model based on (13)
(figure 6) with the relation between the relative humidity variance and
the moisture variance term (figure 5) indicates that the parameterization
of the moisture variance (12) apparently does not seriously increase the
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scatter. The coefficient CI in (13) is expected to absorb the smaller
contributions from the temperature variance and temperature-moisture
correlation terms (first and third terms on the right hand side) in (10).
The coefficient C2 absorbs the contribution from variations of the vertical

velocity-moisture correlation r-’-wq in (12).

However, the large percentage of the variance explained by the linear
model (13) is of unknown generality. For example, in the case of
downward transport of moisture, as occurs with dew formation in the
stable nocturnal boundary layer, the second term in (13) must be omitted.
Then the turbulent variability of relative humidity is small and large
values of average relative humidity are needed to produce cloud cover.

b) Vertical velocity variance

For unstable conditions, we use the similarity formulation for vertical
velocity variance from Lenschow et al. (1980)

o2, = 18(z] hPB3 (1 -08z/ hP ws? (14)

where = is height, i is boundary-layer depth, and w¥* is the convective
velocity scale. For the stable case, we use Stull's (1988) relationship based
on the data of Caughey et al. (1979)

2. = 251 -(z] hpP6] us? (15)

w
where u* is the friction velocity.

For weakly unstable conditions, we evaluate both (14-15) and take the
maximum of these two expressions. This allows o6, to be determined by

cither mechanical or convective generation of turbulence depending on
which one is larger.

¢) Mesoscale variation of relative humidity

Mesoscale variations of relative humidity are related to surface
inhomogencity and transient mesoscale disturbances. With larger
horizontal grid size, more of the mesoscalc motions become “subgrid” so
that we would expect the mesoscale standard deviation ogy,..., 10 increase
with grid size. Then for relative humidity significantly less than one, the
chance of some cloud cover increases with the horizontal size of the grid
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arca.

To examine the effect of grid size on reiative humidity variations, we

compute 5-km averages of relative humidity for the 18 upper level flight
lees in HAPEX. We then determine the ensemble average of the standard
deviations of the 5-km averaged relative humidity (G4;,.5,) OVer 10-. 25-

50- and 100-km segments. An expression for the dependence of ogy,.cc0

on horizontal scale (grid size) is constructed as a least square fit to a
logarithmic function (figure 7) and is of the form

GRIIIHCSO = ao + al Iog(A.t); Ax 2 5 kln. (16)

where a, = -0.0267, a; = 0.0382 km'!, and Ax is the horizontal scale in
kilometers. We will include this contribution to the relative humidity

variation through application of (3b) in the model simulations reported in
section 6.

3.2.4. CLOUD TRANSMISSION OF SOLAR RADIATION

Transmission of solar radiation through the fractional cloud cover
dctermines the amount of radiation that reaches the surface. The
formulation of this transmission may be as important as the prediction of
fractional cloud cover itself. Expressions for transmission of solar radiation
through clouds (Fairall et al.,, 1990; Kasten and Czeplak, 1980; Stephens,
1978). are based on functions of solar elevation, cloud thickness, liquid
water content, and cloud geometry. In the current simple version of our
boundary-layer model, solar elevation is available while the other factors
are not. Thercfore, we choose a transmission function with an implicitly
fixed optical depth following Liou (1976) where the fraction transmitted 1
is approximated as

1t =006+ 0.17 cos 0 (17)

where 6 is the solar elevation angle (0° overhead and 90° at the horizon).
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3.2.5. MODEL TESTING

We incorporate the fractional cloud cover formulation (3a-b, 13, 16) with a
simple boundary-layer model which was developed to simulate the
interactions of the atmospheric boundary layer, soil, and vegetation {Ek
and Mahrt, 1989). The planetary boundary-layer model (Troen and Mabhrt,
1986; Holtslag et al., 1990) is coupled with an active two-layer soil model
(Mahrt and Pan. 1984) and a primitive plant canopy model (Pan and
Mahrt. 1987).

The following comparisons of the boundary-layer model with HAPEX data
attempt to study the sensitivity of the cloud cover formulation to less-
than-perfect information from the rest of the boundary-layer model. In
addition to the various model assumptions, errors in the one-dimensional
model result from the external specification of the mean vertical motion
and the variable geostrophic wind, and from the omission of horizontal
advection of temperature and moisture.

We implement the cloud cover formulation at the level of maximum
relative humidity which is normally the first level below the boundary-
layer top. We choose the 12 days from the HAPEX data set with minimal
cloud activity above the boundary layer for which soundings are available.
Only two of these days were previously used in the deiermination of the
coefficients for the cloud cover model. Radiosondes launched from the
central site in HAPEX at Lubbon at 0600 LST measured vertical profiles of
temperature, pressure, humidity, and winds and provide initial
atmospheric conditions for the model simulations. Mean vertical motion is
specified to increase linearly with height from zero at the surface and is
fited to a layer averaged value centersd at 2 km from the mesoscale
analysis of Noilhan (1989). Geostrophic winds are estimated from a layer
average of the actual winds at approximately 1500 m from the 0600 LST
soundings and are assumed to be height-independeni. Equating the initial
wind and the geostrophic wind prevents unrealistic inertial oscillations.
Other details concerning the model input data are included in Holislag and
Ek (1990). Model simulations begin at 0600 LST ard are integrated for 14
hours.

Aircraft observations over the pine forest provide an ensemble average of
the spatial averages of fractional cloud cover from several midday flight
legs, each approximately 30 km. Surface observations of downward solar
radiation in the forest clearing at Lubbon provide an independent
assessment of the range of fractional cloud cover for the two-hour period
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centered at 1400 LST (table 2).

Model simulations of fractional cloud cover averaged over the period
1300-1500 LST arc not highly correlated with the observed values (table
2). Investigation of the source of these differences indicates that the
modelled fractional cloud cover is sensitive to uncertainties in the mean
vertical motion and sensitive to the omission of horizontal advection. In
contrast, the modelled prediction of the cloud cover is not sensitive to the
values of the coefficients in the cloud cover formulation. For example,
changing the values of the coefficients CI and C2 in the relationship for
Orirrurp{13) by £50% alters the modelled fractional cloud cover from the
prototype cases by an average absolute value of less than 2% for the 12
days studied, with a 12% maximum absolute difference. The estimated
uncertainty of the coefficients CJ/ and C2 for the 6gyy,,,; formulation (13)
is only abtout £10% for this data set based on envelopes of the data in
figure 6.

Changing the value of ogy,.., (16) by £50% from the prototype values
leads to an average absolute difference of fractional cloud cover of only 1-
2%, with a 15% maximum absolute difference. The estimated uncertainty
for Gpyrmeso 15 Probably less than +15% (except for the 10-km value) as
might be surmised from figure 7 for the present data set. If expanded to
different geographical regions, ogy..., may be quite variable.

Model simulations were conducted to test the sensitivity of the fractional
cloud cover formulation to changes of the mean vertical motion specified in
the onec-dimensional model. Incrementally changing the vertical moiion

from -2.0 cm s°! to +1.0 cm s7! at 1 km causes the fractional cioud cover to
increase from zero to complete overcast for all of the 12 HAPEX
simulations (figure 8). The change of cloud cover is normally concentrated
over a relatively small range of vertical motion values which defines a
cloud transition zone. The value of the vertical motion defining the cloud
transition zone varies from day to day depending on boundary-layer
characteristics. For example, an increase in vertical motion from 0.6 to 0.8
cm s’! on 25 May leads 1o an increase of cloud cover from clear to
complete overcast. The range of mean vertical motion 